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Abstract

Intraseasonal variability in the eastern Pacificrwapool in summer is studied,
using a regional ocean-atmosphere model, a lineapcbnic model, and satellite
observations. The atmospheric component of theeinsdforced by lateral boundary
conditions from reanalysis data. The aim is to giiathe importance to atmospheric deep
convection of local air-sea coupling. In particultdre effect of sea surface temperature
(SST) anomalies on surface heat fluxes is examined.

Intraseasonal (20-90 day) east Pacific warm-pooakwind and OLR variability in
the regional coupled model are correlated at OB @6 with observations, respectively,
significant at the 99% confidence level. The stteng the intraseasonal variability in the
coupled model, as measured by the variance of mgdongwave radiation, is close in
magnitude to that observed, but with a maximum teataabout 10° further west. East
Pacific warm pool intraseasonal convection and wiadrees in phase with those from
observations, suggesting that remote forcing abthendaries associated with the Madden-
Julian Oscillation (MJO) determines the phase afaseasonal convection in the east
Pacific warm pool.

When the ocean model component is replaced by weednalysis SST in an
atmosphere-only experiment, there is a slight img@neent in the location of the highest
OLR variance. Further sensitivity experiments wvitie regional atmosphere-only model in
which intraseasonal SST variability is removed @atle that convective variability has only
a weak dependence on the SST variability, butangar dependence on the climatological

mean SST distribution. A scaling analysis confitimst wind speed anomalies give a much
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larger contribution to the intraseasonal evaponasgnal than SST anomalies, in both
model and observations.

A linear baroclinic model is used to show that lofedbacks would serve to
amplify intraseasonal convection and the largeesaalculation. Further, Hovmoller
diagrams reveal that whereas a significant dynantraseasonal signal enters the model
domain from the west, the strong deep convectiostiyjarises within the domain. Taken
together, the regional and linear model resultgssithat in this region remote forcing and
local convection-circulation feedbacks are both onignt to the intraseasonal variability,
but ocean-atmosphere coupling has only a smaltteffeossible mechanisms of remote

forcing are discussed.
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1. Introduction

Intraseasonal variability in the tropics is domethtby the Madden Julian
Oscillation (MJO: Madden and Julian 1994; Zhang 300’he MJO not only impacts
tropical precipitation and extreme events (e.g.l®&arand Salstein 2006; Maloney and
Shaman 2008; Bessafi and Wheeler 2006), but alfectaf midlatitude weather (e.g.
Higgins et al. 1999; Bond and Vecchi 2003). It i®llwknown that many global
Atmospheric General Circulation Models (AGCM) anaupled General Circulation
Models (CGCM) have difficulty simulating the MJO.Ré&h compared to observations, the
models typically exhibit weak intraseasonal preeiggon variance, little coherence between
winds and precipitation anomalies, and a spectroat is too broad, with the ratio of
eastward to westward power being too small (Sliegal. 1996; Lin et al 2006; Zhang et
al. 2006). Problems with the MJO simulation aresiofattributed to inadequacies of the
cumulus parameterization (Slingo et al. 1996; lLtinle2006).

The role of SST, and more generally, air-sea ictera, in the MJO cycle has been
studied by a number of authors using coupled mexgpériments, with varying results, as
reviewed by Hendon (2005). Coupling was only fotmdnprove the simulations when the
atmospheric model had a good representation opliase relationship between insolation
and evaporation (discussed by Hendon 2000). Suplowements were found by Maloney
and Kiehl (2002a), who coupled an AGCM to a slabascmodel, and studied the impact
on east Pacific intraseasonal precipitation, ante$s and Slingo (2003a) who used a
coupled general circulation model and found impdvemulations of Indian Ocean

variability compared to results from an atmosphars model forced by slowly varying
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SST fields. In contrast the study of Grabowski @06howed a weak dependence of the
MJO on SST, in a coupled aquaplanet/slab-ocean Imagkich employed
superparameterization of cumulus convection. Hegessigd that the dominant process in
his model was a feedback between convection aeetfopospheric moisture amount, with
SST-convection feedbacks playing a much smallex. rol

From satellite and buoy observations, Maloney et24l08) found that MJO-related
SST variations of 0.8-1°C occur in the Eastern Pacific warm pool, drivenldtgnt heat
and short wave flux variations. In the east Pacifiarm SST lead precipitation by about 10
days, whilst the SST cooled during MJO convectivengs. Maloney and Kiehl (2002b)
suggested that SST-induced moisture convergenceoaeednic heat content anomalies
helped precondition the atmosphere for convection.

Idealized column models show that under certairditimms, an unforced oscillation
of precipitation and SST can be obtained with amaseasonal period in a cycle that
resembles a recharge-discharge oscillation (e.gelSand Gildor 2003). The behavior is
highly dependent on the cloud-radiative feedbadkampater (which can also be thought to
represent wind-induced surface flux feedbacks), @md/ective timescale, and instability
on intraseasonal timescales was found to be gtdatesixed layer depths in the range of
10-20 m,. If mixed layer depth goes to zero in k@ of the model with prescribed
intraseasonal wind speed forcing, effectively shgtoff the wind-evaporation feedback,
model intraseasonal variability decreases dranibti@g. Maloney and Sobel 2004).

Recently, coupled regional models have emerged rasalternative tool to
investigate the effect of large scale variability gpecific regions (Xie et al. 2007; Seo et

al. 2007). A regional model has the advantagepghagagating signals associated with the
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large-scale, hemispheric MJO can pass into the oorteough the lateral boundary

conditions in the atmosphere, and also possiblyeeanic pathways (Kessler et al. 1995).
Regional scale processes may be better representde: higher resolution available in a
regional, rather than global, model.

An ideal region for such a study is the far-eastawific warm pool, where strong
intraseasonal variability in the ocean and atmospl® known to occur, particularly in
summer, and to be related to the global MJO (eayakko and Kousky 1999; Maloney and
Hartmann 2000). The east Pacific is also a regidncamplex topography and
oceanographic structure, making use of a regioralahparticularly useful. Some of the
prominent features include strong winds emanatiognfthe gaps in the Central American
cordillera (Chelton et al 2000), and high oceanyekitetic energy and SST variability
offshore of the Central American coast and alongN1(arrar and Weller 2006; Chang
20009).

Statistically significant 50-day peaks in precipda, wind, and SST can be found
in the east Pacific warm pool during boreal sum(Maloney and Esbensen 2003, 2007,
Maloney et al. 2008). An important question is toatvextent such variability in this region
is influenced or enhanced by local processes rdtiar just being driven by the global
MJO. A related question is whether the east Pacéin support strong intraseasonal
variability in isolation from the west Pacific.

The main aim of this paper is to investigate thé rof air-sea interaction in
intraseasonal variability in the eastern Pacifiarwagool, using models and observations.
We also discuss the role of local circulation-cartin feedbacks, and remote forcing from

the eastern hemisphere. This study sheds lightonlyt on what regulates intraseasonal
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variability in the east Pacific, but may also hdlpminate what controls intraseasonal
variability in the tropics, in general. The struetwf the paper is as follows. In section 2
the datasets, models and methods are describedfiddigy of the coupled model to
simulate MJO events is discussed in section 3.i@edtexamines the influence of air-sea
interaction using regional atmospheric model seigitexperiments. This is followed by a
discussion of the impact of remote forcing and cangon of the results of this paper to

previous studies, and, finally, conclusions.

2. Data, Models and methods

2.1 Observations and Reanalysis

The characteristics of convection in the region dexluced from Outgoing
Longwave Radiation (OLR) data and a merged prexipit analysis. OLR is obtained
from National Oceanic and Atmospheric AdministratiNOAA) polar-orbiting satellites,

interpolated daily onto a Z2%hy 2.5 grid (Liebmann and Smith 1996). Precipitation is
based on the daily TRMM 3B42 rainrate (v5) griddedo a 2 grid. This dataset combines

and calibrates the abundant satellite IR measursmeith more accurate passive
microwave measurements of precipitation from TRMibr access to TRMM3B42 see

http://daac.gsfc.nasa.gov/precipitation/TRMM READKE details.

Neutral wind vectors at 10 m (Wentz and Smith 1988) derived from the
SeaWinds QUuIikSCAT scatterometer. SST and colunegiated water vapor from
December 1997 is obtained from the TRMM satelliierowave imager (TMI). TMI data

is not affected by clouds except under heavy pratipn (Wentz et al 2000) and hence has
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a significant advantage over infrared radiometersegions of large cloud cover. The
above-mentioned data is obtained from Remote SgnSiystems (www.Ssmi.com),
processed on a 0.25° grid. For other fields we Niggonal Centers for Environmental
Prediction (NCEP)/ National Center for AtmosphefResearch (NCAR) daily-mean

reanalysis (Kalnay et al. 1996).

2.2 Models

Regional Coupled Model

The International Pacific Research Center (IPRCyi&t®al Ocean Atmosphere
Model (IROAM, Xie et al. 2007) is used for a detd high resolution analysis of
intraseasonal variability, and for studies of thensstivity to SST. The atmospheric
component is a terrain-following normalized pressisigma) coordinate hydrostatic model
(Wang et al 2003). It employs a moisture convergeseheme for shallow convection and
a modified CAPE closure for deep convection, ad aglexplicit microphysics. There are
28 vertical levels. Further details and refererfoeshe physical schemes can be found in
Wang et al. 2003 and Xie et al. 2007. At the ldtbraindaries the atmospheric model is
nudged towards 4-times daily values of temperaburaidity, and wind components from
the NCEP/NCAR reanalysis, in a buffer zorfewéde. This allows observed propagating
MJO signals to force the atmospheric model at thntaries. Including this buffer zone,

the model extends from 1% to 30° W, and from 3% to 35N.

The ocean component is the z-coordinate hydrostsiiicular Ocean Model
(MOM2) (Pacanowski and Griffies 2000), employing [B@els, 20 of which are in the

upper 400m. The vertical mixing scheme is baseBawanowski and Philander (1981). We
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use a constant Laplacian lateral eddy viscositfficient of 2x1Fcn?s™. Surface salinity

is restored to Levitus values on a timescale ofl&@s. The model covers the Pacific ocean
domain from 355 to 35N, with sponge layers at the meridional boundaaied walls at the
eastern and western coastlines.

A 12° co-located grid is employed for the ocean andoaphere, with the ocean
salinity and tracer points collocated with atmosgheemperature points. The atmospheric
grid is horizontally unstaggered. Xie et al. 20@7e{r Fig. 1) describe and illustrate the
domain of the complete model system. The fully dedpocean-atmosphere part of the

model covers the Pacific Ocean from 30=zastwards to the American coastline, and from

35°S to 35N. In the coupled domain, coupling occurs once gsr. The ocean model is

spun up with a hindcast from 1991 to the end of5188ing basin-wide forcing from
NCEP/NCAR reanalysis, then the interactive coupismgwitched on from 1996 to 2003.
Further details and an overview of the model perfmice can be found in Xie et al.

(2007).

Linear Baroclinic Model

The linear response to diabatic heating anomabestudied using the Linear
Baroclinic Model (LBM) of Watanabe and Kimoto (2Q00The primitive equations used by
the Center for Climate System Research (CCSR) Wsityeof Tokyo/National Institute for
Environmental Studies (NIES) AGCM, are linearisédwt a climatological summer (June
to September) mean basic state. The sigma-cooeditizltl has 20 vertical levels, contains
topography, and is run at T42 resolution. The maléme integrated, and has Newtonian

and Rayleigh damping timescales for heat and mamenanging from 30 days in the free
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troposphere to 1 day at the top and bottom le@igang et al. 2001 find that results from a
similar model do not sensitively depend on the earmal damping. Some sensitivity to
the Rayleigh damping should however be expected: éval (1999) find that even a
relatively weak boundary layer Rayleigh dampingddy)') acts to significantly reduce the
boundary layer wind response to heating. Our chofcelatively strong damping rate of
1day' will cause weaker boundary layer winds (see Fid. Helow) but the free
tropospheric winds are not likely to be stronglgiueed. The model is forced by a specified
diabatic heating anomaly which is constant in timt#h a specified horizontal and vertical
distribution. By 20 days the solution has reachsteady state and these results are shown

here. The damping is sufficient to exclude baraclinstabilities from the simulation.

2.3 Methods

We analyse the years 1998 to 2003, unless spedaflfeztwise. The first two years
of interactive coupling (1996-1997) are discardedb&ing part of the model spin-up
process, except where specified. All data is fo@mpiled into pentads before analysis.
Frequency spectra are calculated for boreal surpneerpitation and SST in the warm pool
as in Maloney et al. 2008. Before calculation of #8pectra, the climatological seasonal
cycle was removed from the data. Spectra were leadzlion each individual May-October
period during 1998-2003, and then averaged acrbssxayears of data to compute an
average spectrum. An expanded May-October periodisesd to compute spectra to
minimize bandwidth, which in our calculations i8Qlday)". The length of record and two
degrees of freedom per spectral estimate produetvéwdegrees of freedom for the

average spectra. Using the one-day lag autocamelanhd square root of the two-day lag

10
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autocorrelation, an estimate of the red noise backgl spectrum is generated using the
formula of Gilman et al. (1963), and then 95% cdefice limits on this background
spectrum are calculated using thstatistic.

Hilbert transform complex empirical orthogonal ftino analysis (CEOF analysis,
e.g. Barnett 1983; Horel 1984) is conducted dufif§8-2003 on modeled June-October
intraseasonal precipitation and SST anomalies. Mglcet al. (2008) conducted a CEOF
analysis using TRMM precipitation and TMI SST dgrit998-2005, to which we will
contrast the leading modes of model intraseasoreaiptation and SST variability. For
linear regression analysis and variance plots,ngoeal 13" order Butterworth filter is
applied, to isolate the 20-90 day activity. No ggdtltering is applied, due to the relatively
small size of the interactive domain compared &planetary-scale MJO.

Regional coupled model experiments are performethédyse the sensitivity of the
MJO convection to the surface boundary conditidiistly, a control run was performed
with a fully interactive coupling (as described Xme et al. 2007), referred to here as
Experiment 1 (Exp. 1). Next, an atmosphere only was performed (Exp. 2). Here the
SST was set to the Reynolds et al. (2002) weekbgyxt (interpolated in time to the
timestep of the modél) Third, a further atmosphere-only run was perfaméth the SST
smoothed in time such that the intraseasonal viiityabf SST is removed in the eastern
Pacific warm pool. The smoothing is done with adsax filter. The averaging time period
is spatially weighted, taking a maximum value d@f @entads in the center of interest

(chosen as 9W, 12N), decaying in a Gaussian fashion with e-foldinglths of 30 °

longitude and 20° latitude. (With this form, theeeaging interval reduces to about 1 pentad

! The Reynolds et al. 2002 data was used for legeasons. It is acknowledged that a product sudtvis
SST or the recent high resolution NOAA SST anay&®eynolds et al. 2007) may have been better
choices to capture intraseasonal SST variabilég tbe Discussion on the strength of SST anomalies)

11
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(i.,e. no averaging) close to the domain boundarsesh that an artificial sharp SST
gradient near the boundary is avoided. The effé¢h® smoothing is shown later in Fig.

13c). This experiment is referred to as Exp. 3.

3 MJO in the eastern Pacific: model and observations

3. 1 Summer climatology

In summer a broad warm pool exists in the northieeadropical Pacific with SST
above 27°C. The precipitation over the ocean istipgsnfined to this warm pool region,
where convergence occurs in the ITCZ (Fig. 1a,loutls of the ITCZ, the pronounced
equatorial cold tongue suppresses convection, wimlshe southern hemisphere tropics
and sub-tropics, SST is cooler than at similartdd®s in the north so that atmospheric
convection is largely absent during this seasoe. diktribution of mean OLR from NOAA
observations (Fig. 1b) closely matches that of ghecipitation (Fig. 1a), and shows the
presence of deep convection over the warm pool.Wihd field at 20m from QuikSCAT
(Fig. 1b, vectors) shows the typical trade windtedg component dominates everywhere
except over the warm pool, which exhibits mean amstwinds, and at 10° N the mean
10m zonal winds change sign from easterlies toemgss at around 125° W (see the mean
zonal wind zero contour on Fig. 1b).

The coupled model (IROAM) SST (Fig. 1c) shows addoingue and east Pacific
warm pool with similar absolute temperatures tosthobserved from TMI (Fig. 1a). The
IROAM rainfall distribution in the Eastern PacifiEig. 1c) is close in horizontal structure

to the TRMM3B43 observations (Fig. 1a), with a $engorthern ITCZ, but the magnitude

12
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of model precipitation is larger than observatibysabout a factor of about 1.5 (note the
different color bars). As discussed by Xie et @0(Q7) with regard to the annual mean
climatology, this increase may be related to highend speeds and evaporation in
IROAM. Likewise, the OLR structure is comparabivibeen model (Fig. 1d) and NOAA
satellite OLR data (Fig. 1b), except for a genéiak of higher OLR in the ITCZ in the
model by about 20Wih(linked to a negative bias in cloud cover/heightROAM, Xie et

al. 2007). Similar to the observations, the meamakevinds are westerly over the warm
pool in the model (Fig. 1d).

The climatological mean ocean mixed layer deptimémodel is 20m to 30m in the
warm pool region (Fig. 1le, color): this may be camga with an analysis of in-situ
observations by Fiedler and Talley (2006) whichvet values of 20m to 40m. The depth
of the model 20° C isotherm (a representative tbelime value) is between 40m and 70m
in the warm pool (Fig. 1f, color), with a minimunalue of 30-40m centered near 10° N,
90° W (the Costa Rica Dome, Wyrtki 1964; Kessle€d2Xie et al. 2005), and again these

values are consistent with those found in obsesmat{Fiedler and Talley 2006).

3. 2 MJO amplitude and phase relative to observatits

Intraseasonal wind variability, as measured by stendard deviation of filtered
zonal wind at 850hPa, from all months, is comparabl the IROAM model and the
NCEP/NCAR reanalysis (Fig. 2). In particular, adbmaximum observed in the latitude
band 5° to 20°N, and longitudes 120°W to Central efina, is prominent in the
observations and model, with anamplitude of aradma’. The skill of the regional model

in reproducing the observed MJO zonal wind sigeaissessed by defining a zonal wind

13
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index, simply the average of the filtered 850hPaatavind between 10° and 15° N, 130°
and 100°W (an area of large variance), and therodagplating the model zonal wind index
with the observed index. From Fig. 3 it can be gbahthe correlation is almost 0.8 at zero
lag and reaches -0.5 at about 20-25 days beforafter. These results are highly
significant at 99% using the studetastatistic: assuming that each 50 days (about the
period of an MJO event) is an independent samgdeuta44 independent samples are
found over the entire recdrd

A somewhat tougher test of the model is to complaeeconvection characteristics
with observations. Fig. 4a, b shows the standaviaten of filtered OLR for IROAM and
from observations. Here only the summer months Jtm September) have been
considered, as this is the season of strongesefaaBacific MJO convective variability
(Maloney and Esbensen 2003). The overall amplittfd®LR variability in the ITCZ is
similar in model and NOAA data, peaking at aboutV29? (Fig. 4a, b). However, some
spatial differences exist in the OLR variabilithetNOAA data shows a maximum adjacent
to the Pacific coast of southern Mexico (Fig. 4eereas the model places the maximum
further offshore, west of 100°W (Fig. 4b).

Intraseasonal precipitation variance maps (not shdwve a similar distribution to
the OLR variance, but, as with the climatologicaan (Fig. 1), the amplitude of the model
precipitation variability is about 1.5 times the MRl observations. More information
regarding the nature of the variability can be géghfrom frequency spectra. The spectrum
of boreal summer model unfiltered precipitationraged over a Tox 10 box centered at

15.5N, 104.8W indicates a significant spectral peak near 50 pasiod (Figure 5a),

2 This is a conservative and strict estimate of reafelent samples — it can also be argued that an
independent sample has the duration of the wetepbfahe MJO which is typically less than half bét
total MJO period.
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similar to observations from TRMM (Fig. 5b, fromaldney et al. 2008). Thus, the
regional model captures intraseasonal precipitatarability in the heart of the warm pool
with a similar dominant timescale to observations..

As with the 850 hPa zonal wind, a lag correlatiaswwerformed between the 20-90
day filtered IROAM OLR and the corresponding NOAALR) (Here a different box-
average was chosen for the OLR index than that @eedhe zonal wind since OLR
anomalies change sign across 120° W. The OLR awveydgpx was chosen to be 10° to
20°N, 110° to 100°W.) Over all seasons there isnatantaneous correlation of 0.6, again
significant at 99%, and a negative correlation @B-20 days before and after (Fig. 6a,
dashed line). Similar correlations were found wlety the summer was considered, but
here there were fewer independent samples to alsigwmificance. For comparison, the
autocorrelations of NOAA OLR (thick solid line) aod IROAM OLR (dot-dash line) are
also displayed (Fig. 6a): these curves suggestthieaé is a small difference in the MJO
period between model and observations: the fiostgin being at 20 days in NOAA and 15
days in IROAM. We note that the global MJO indéxMaloney and Hartmann (2000) is
correlated at 0.6 with observed intraseasonal pitation in our averaging region
(Maloney et al. 2008), suggesting that a substaptigtion of the intraseasonal variability
there is explained by the MJO. By comparison, tloda MJO index is correlated with
regional west Pacific and Indian Ocean OLR by astr7 during boreal summer and
winter. As indicated in Figure 6, model intraseadaconvection in the warm pool is in
phase with that from observations, partly due twif of the regional coupled model at
the boundaries, in this case associated with MdDeed dynamical signals propagating

into the domain, discussed further in section 5.
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A local complex EOF analysis (CEOF, introducedeact®n 2.3) is used to further
examine the phase properties of the leading modetraiseasonal precipitation variability
in this region. The spatial amplitude, local vadarexplained, and spatial phase for the
leading CEOF of modeled intraseasonal precipitaisoshown in Figure 7 (right panels).
This leading mode explains 19% of the total vargawé precipitation over the domain
shown, and is separable using the criterion of INettal. (1982) from the second and third
modes (which explain 10% and 8% of the variancspeetively). For comparison, the
observed first mode explained 26% of the variaridalgney et al. 2008), whilst the
amplitude structure, spatial phase and propagatianacteristics of the leading mode are
very close in model (Figure 7d, e, f) and obseorati(Fig. 7a, b, c, taken from Maloney et
al. 2008), with high amplitude across the ITCZ aabt Pacific warm pool. The local
variance explained by this leading model CEOF ightlly smaller than observations over
the warm pool, peaking near 0.5 to the south of istexwhereas observed local variance
explained approaches 0.7. (Note that although tlsefarge variance explained over the
cold tongue in the model (Fig. 7d) that is not obed (Fig. 7b), the amplitude in this
region is negligible (Fig. 7d)).

In both model and observations the spatial phagwesfipitation varies little in the
center of warm pool to the south of Mexico, albegith suggestions of slow northward
propagation when combined with increasing tempphaise (Figure 7c, f). Precipitation in
these central warm pool regions just south of Mexags precipitation along’® to the
east of 120W by about 100 degrees of phase (about 2 weeka ff-day cycle). Also
similar to observed, precipitation to the west 26°W leads that in the warm pool by 125-

150 degrees of phase.
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3.3 Dynamic and convective structure of MJO in Eaglrn Pacific

The time evolution of typical MJO events in sumnrepbservations and model is
computed by lag regression. As above, the inded uséhe regression analysis is defined
as the negative of OLR anomalies averaged in abdxo 20°N, 110° to 100°W (shown in
Figs. 8c, 9c). It is noted that local and globadices of intraseasonal activity produce
similar results (e.g. Maloney and Hartmann 200@130Lag regression plots of OLR and
850hPa winds from observations are shown in FigA8sociated with convection at lag O
are strong westerlies at 850hPa extending fromSLtaf 20° N, and positive vorticity to the
north and west (Fig. 8c). During the dry phasehia flar eastern Pacific (e.g. at -20 days
and +20 days, Figs. 8a,e) there are easterly winchalies and anticyclonic vorticity to the
north and west. These features bear some singlantith the Kelvin wave/Rossby wave
couplet of Gill (1980) for a source in the north@emisphere, but the easterly inflow of the
Kelvin wave response to heating to the east of eotien appears to be nearly absent in the
observed circulation (Fig. 8c). The correspondearfceonvective anomalies in the eastern
Pacific warm pool with westerly wind anomalies alrgt anomalies with easterly winds is
similar to the composites of Maloney and Hartma2®0(Q) based on a global zonal wind
MJO index.

The temporal evolution of OLR in the IROAM motigFig. 9) exhibits very
similar, albeit weakér structure to observations, including the zonahdi¢onvection

relationship, and a change of sign of the OLR arpraeross 120°W at zero lag. Plots of

% Note that now the model data is regressed ontla® index derived from the model data, so as to
display the interrelationship between model figitsre clearly. (For reference Figs 6 and 10 show the
model-observation comparison)

* The slightly weaker amplitudes of the anomaliegh@amodel at non-zero lags, compared to those in
observations, are not due solely to a weaker vegigas can be seen by noting that the OLR variemite
model is greater than observed in some locatidtig, 4a,b), but probably also due to a weaker tation
between distant points and the index box.
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OLR lag correlation vs longitude (Fig. 10a, avegver the latitude band 10° to 20°N)
reveal that instead of a smooth propagation of eotion from west to east in boreal
summer, there is instead a very rapid change ofsegharound 120°W. Northward

propagation is also apparent in the lag regressaesaged between 110°W and 100°W
(Fig. 10b), consistent with the observational asialpf Maloney et al. (2008) and with the
CEOF analysis shown above. This northward propagagxamined extensively in Jiang
and Waliser (2008), parallels the poleward summmertpropagation manifested in other
monsoon systems, especially the Asian monsoon\{éagg and Xie 1998). .

The wind fields associated with the MJO convectiorobservations and model
may be interpreted with the aid of a Linear BaracliModel (LBM, section 2.2). The
diabatic heating input for the LBM is estimated nfrahe precipitation patterns from
TRMM and IROAM, regressed onto the OLR index, atozéag. These precipitation
patterns are not shown, but are spatially reasgrsbililar to the OLR distributions (Fig.
8c, 9c), with the maximum precipitation anomalyngei~0.15 mm dayWm? in the
observations Based on these patterns, a maximabatit heating equivalent to 0.15 mm
day’ is prescribed, i.e. the heating that is equivateniWni® of OLR variability. The
horizontal structure is an idealized ellipse basedhe observed convection east of 110°W
(Fig. 11aj.

For the vertical structure, we use a sinusoidafiler¢Fig. 11b), which leads to a

diabatic heating that peaks at 0.06Kdat a=0.5 in the center of the ellipse. This scaling

allows direct comparison with Figs. 8-10. (To comte the heating and response due to a

typical MJO, given the units of the regression Gorint, multiply the values by about 20,

> Note that if we added a second ellipse of oppasiin to represent the weak and less-broad negativ
anomaly west of 110° W, the results are not sigaittly different, due to the smaller magnitude spdltial
area of this anomaly.
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the maximum standard deviation of OLR (in W¥nsee Fig. 4). The vertical structure is
that of a highly idealized first baroclinic nornmabde for a system with constant buoyancy
frequency (Gill 1980). Other possible choices obfies include that simulated by
IROAM, and those from various observational produéior the former, diabatic heating
data was not saved from the model, but investigatiothe vertical velocity data showed
that a low level maximum (800hPa) was present mesparts of the Eastern Pacific ITCZ
in time mean fields (not shown). For the lattersetvations are rather limited, but Lin et al.
(2004) show slightly elevated heating anomaliestiva maximum between 400 and
500hPa) due to the MJO in the western Pacific waowl, whilst Thompson et al. (1979)
show a lower maximum at 700hPa from observatiors the Atlantic ITCZ, and Back and
Bretherton (2006) infer mean heating profiles wdtv-level maxima at 800hPa or below
from ERA40 data in the east Pacific ITCZ. The \@tistructure of heating is very
important, as the potential vorticity tendency édated to vertical gradients of potential
temperature tendency (Mapes, pers. comm.. 200d),lam level heating maxima may
project onto higher modes of the system with paddigtstronger low level winds (Wu et
al. 2000; Chiang et al 2001). Thus, it is acknowk=tithat the following results present an
idealized scenario that only qualitatively illusgahe impact of heating on the low-level
circulation.

The heating results in a band of anomalous westetietween 5° and 20°N at
1000hPa (Fig. 11c) and 850hPa (Fig. 11d). The eentour of the climatological summer
zonal wind is overlaid on Fig. 11c for referenceithim this contour the anomalous
westerlies would enhance the zonal wind comporatt,as both the anomalous and mean

meridional wind components are mostly southerlyhis region, (Fig 1b, 11c), the wind
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speed, and thus the evaporation (see section 4jidvib® increased under the anomalous
winds. Further, the background low level convergemnwould be enhanced by the
convergence of the 1000mb anomalous flow (Fig. 1Tt wind response fields are
similar in structure to those observed and sedR@AM (Figs 8c, 9c¢) but are weaker in
magnitude in the LBM (by approximately a factortwb), whereas the convergence in the
LBM is weaker by a factor of three. The relativedgnall anomalies near the surface
produced by the LBM may be a result of the reasiynatstong boundary layer friction
employed here (see section 2.2). Another notalfferednce is that the reanalysis and
IROAM winds anomalies extend further south tharth@ LBM, crossing the equator and
suggesting a possible Kelvin wave component asigésxl in the next section.

To summarise this section, the observations andAlR@nodel lower tropospheric
fields are mostly consistent with those expectenfithe linear response to prescribed
heating, but with a larger amplitude. The differenin amplitudes may arise from
feedbacks between the circulation and convectiog. (Bebiak 1986) and other non-
linearities not included in the LBM, or the influmn of remote forcing (see below). The
LBM analysis shows that wind speeds will be inceebis the zone of mean westerlies and
decreased in the mean easterly region (e.g. @féigure 1), thus allowing for the potential
of surface evaporation flux feedback effects whilttional convergence induced by the

heating could also provide a positive feedback.

3.4 Remote forcing of intraseasonal convection

The high correlation between intraseasonal pretipit variability in the east

Pacific warm pool and the global MJO (Maloney et28108) indicates that remote forcing
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is likely important for producing intraseasonal igéility in the east Pacific warm pool.
Where does the remote forcing originate from, havesdit propagate, and why is the
largest effect of the MJO outside of the Indo-Haaiégion found in the eastern Pacific
warm pool?

Hovmoller diagrams provide some insight into thdluence of intraseasonal
oscillations propagating into the domain. Figuresh@ws the time and longitude variation
of filtered 850 hPa zonal wind (U850), averagedMeein 10°S and 10°N, and of filtered
OLR, averaged between 10° and 20°N, for the sunoh@002, a year of reasonably
strong MJO variability. (The latitudes of averagiage chosen based on the relative
equatorial symmetry of the global MJO zonal windmaaly, and the asymmetric nature of
the local convection.)

There are clear signals of U850 anomalies at thetesre boundary of the model
(150°W) (Fig. 12b, contours) that are forced by MelDvection in the west Pacific. The
BCs for zonal wind are from the NCEP/NCAR reanayshown in full in Fig. 12a
(contours). (By design of the BCs, the zonal wvandmalies at the far west and far east of
Fig. 12a and b are nearly identical.) There is ak&e matching of observed and model
OLR anomalies at the boundaries (Fig. 12a, b, foldris is partly because OLR is not a
prognosed variable passed into the model at thaedaries: specific humidity is the only
moisture variable that is passed, so it may takeestme for convection to initiate, given
the right conditions.. There is a rather good matglof OLR in the interior of the model
domain to the corresponding observations (Fig. 1®a,which confirms the linear
regression analysis shown above (Fig. 8, 9). Th& @homalies are generally stronger in

the domain interior than at the boundaries (in otdel and observations).
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Once convection is initiated in the off-equator&gst Pacific by the equatorial
propagating wind signal, the strongest wind anoesald the east of 240 also move off
the equator, as can be seen in Figures 8 and &eTiesults show that the boundary
forcing from zonal winds is important to the lo@alraseasonal variability, and since the
east Pacific warm pool is a large spatial area afmvSST associated with decreased
stability, it supports large-scale anomalies invamtion and the circulation.

Global maps of the OLR anomaly during the perio@mfianced convection in the
Eastern Pacific warm pool show a large region gipseissed convection centered on the
western equatorial Pacific/Maritime Continent regiassociated with the MJO (e.g.
Maloney and Hartmann 2000a their Fig. 3, top p&neBssociated with the suppressed
eastern Hemisphere convection are westerly anosnalkeoss much of the equatorial
Pacific, typical of an equatorial Kelvin wave regpe to a negative heating anomaly.

It is possible that the Eastern Pacific reinitiatiof convection is related to the
suppression of convection in the eastern hemisphéie would lead to cool tropospheric
temperature anomalies, anomalous equatorial suneeserlies and a high pressure
anomaly that propagates eastward, at the fast gatipa speed of a dry Kelvin wave. We
note that it would take just 3 days for such a IKelvave to cross the Pacific, essentially
instantaneous communication with the Eastern Rasifipentad data. Figure 12 shows
evidence of such fast Kelvin wave propagation. @quoently the convection in the
Eastern Pacific may be initiated by Ekman convergesn the north-eastward flank of the
dry Kelvin wave as it propagates into the regibnese findings are supported by the work

of Maloney and Esbensen (2007), who showed a sutimtaneridional convergence

® Further, Wang et al (2006) show a “see-saw” aatidih between convection in the Bay of Bengal dred t
eastern North Pacific region investigated here.
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490 signal in QuikSCAT data associated with the initiat of east Pacific MJO-related

491 convection eventgA related mechanism was proposed by Xie et al9Z00 the remote
492 influence of the Indian Ocean on the generatiothefsubtropical anticyclonic anomaly in
493 the north-west Pacific in the summer after EI-Njp@aks. There it was proposed that
494 Ekman divergence on the northern flank of an eastweaopagating low pressure Kelvin
495 wave, together with feedbacks between the ciranasind convection, acted to maintain
496 the anticyclone.)

497 Other studies have found that intraseasonal véitialn the Tropics preferentially
498 occurs in regions of mean low-level westerly windgiere westerly wind anomalies
499 associated with positive precipitation anomalies add constructively to the mean flow
500 and cause anomalously strong surface latent hesedl(Sobel et al. 2010). The mean
501 flow in the east Pacific warm pool is westerly ahgriboreal summer, and propagation of
502 westerly anomalies into the region would enhanagase fluxes and possibly initiate
503 convection.

504

505 4. Surface fluxes and air-sea interaction processasthe MJO

506

507 Previous studies have suggested a role for suffageanomalies in supporting

508 MJO convective variability, either through theirpact on SST (e.g. Waliser et al. 1999),

509 or through their direct impact on the atmosphericisture and energy budgets (e.qg.

510 Raymond 2001; Sobel et al. 2008). In this sectiba,importance of these processes are
511 explored in the regional model through modelingesipents both in a coupled mode, and
512 in an atmosphere only mode with different SST sg#ti
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4.1 SST variability in model and observations.

The Eastern tropical Pacific contains ocean me$®sgaiability on a range of
timescales. Tropical Instability Waves contributddarge SST anomalies contained within
5° of the equator, with periods between about Xb3hdays (Legeckis 1977). In addition
strong ocean mesoscale eddy activity on intrasehstimescales has been observed
offshore of the Tehuantepec and Papagayo gapsglaaml 2009, Chang 2009) and out
along 10°N (Farrar and Weller (2006). Both gapdnmiorcing (McCreary et al. 1989) and
mean flow instabilities are important for the edghneration (Chang 2009), with instability
of coastal Kelvin waves playing a role off Papagé&gamudio et al 2006). Along 10°N,
baroclinic instability of the North Equatorial Cant (Farrar and Weller 2006) energizes
eddies. The local maxima in standard deviation®T Seen in Fig. 13b close to the equator
and close to the Costa Rica dome (90°W, 10°N) myeatires of the mesoscale eddy
variability discussed above.

This mesoscale variability can have intraseasomaddcales, but does not have the
large spatial scale of the MJO SST signal. For e@temTropical Instability Waves
typically have wavelengths about 1000km (Legecld37). In contrast Maloney et al.
(2008) used coherence and complex EOF analysihdw sntraseasonal TRMM SST
anomalies that are coherent across the east Pa@fim pool, and dominated by spatial
scales the same size as the warm pool itself. Thwesen pool SSTs are correlated at
greater than 0.7 with an MJO index constructedgudista from across the tropics having
maximum variance centers in the Indian and wesifie&cean.

The standard deviation of 20-90 day SST anomati¢se coupled model (Fig. 13a)

is between 0.2and 0.4C in the region of greatest OLR variability (Fidgn)4comparable to
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that found in Reynolds et al. SST (shown in Figb)13ut weaker than that found in

TRMM TMI (Maloney et al. 2008)These values are also comparable with the typical
temperature anomalies of 1/3 in the Indian and western Pacific Oceans, asrsanzed

by Hendon (2005). The coupled run has somewhaeld&2§-90 day SST variability than

the Reynolds et al. SST in the Equatorial Front @&napical Instability Wave latitudes

(centered around’®), and somewhat less variability off the coasMaixico north of 18\

(see the difference field in Fig 13d), but othemnike differences are less than°C.bver

much of the warm pool convection region.

In the far-eastern tropical Pacific warm pool, gndicant 50-day spectral peak in
SST is found by Maloney et al. 2008 (reproduce#igm 5d). However, such a peak is not
found in the model SST, which instead shows anngisdlg red power spectrum (Fig. 5¢).
Further, the leading CEOF of intraseasonal SSTha mmodel shows some significant
differences from observations, particularly in sgadistribution, having a local minimum
of amplitude around 8-10°N (Fig. 14d), where thektode of the observed CEOF of SST
is large (Fig. 14a). Although temporal phase anglaotde of the leading CEOF of model
precipitation and SST indicate that these CEOF<samelated at 0.8, and thus appear to be
coupled, the very different spatial structures i&cpitation and SST make it unlikely that
intraseasonal SST anomalies provide important feedb onto model intraseasonal
precipitation variability.

The fact that the structure of model OLR variapilg comparable to observations,
but the model SST variability is not, suggests #ititer the intraseasonal SST anomalies
do not play an essential role in modulating easiffegrecipitation variability, or that the

model convective variability is too much dominatgdthe lateral boundary forcing (i.e. the
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model dynamics exaggerate the response withindhsaah to the boundary signal) so that
SST effects are overwhelmed. In the following sehbeas some testing of these
possibilities is done by examining the role of 38The surface fluxes, and by performing

sensitivity experiments to SST distributions.

4.2 Sensitivity to SST in atmosphere-only experimés

We now compare the OLR variability in the couplech (Exp. 1) to that in the
atmosphere-only sensitivity runs (Exp. 2 and Exp.iBroduced in section 2.3. As
discussed above, the differences in 20-90 day $Bidhility between the coupled run and
Exp. 2, are by definition the same as the diffeesnwith Reynolds et al. (2002) SST (the
difference field is shown in Fig. 13d). In Exp.tBe effect of the smoothing the SST can be
clearly seen in Fig. 13c, with essentially all aseasonal SST variability removed in the
East Pacific Warm Pool.

It is important to note that differences exist lne tmean state produced by these
runs, as well in the intraseasonal variability. Rejpced in Fig. 4e (contours) is the
climatological summer mean SST difference betwegn E and Exp. 2. Differences reach
up to +/- 1°C: in particular in the warm pool nomh 15°N the SST is warmer in the
coupled run. It is generally cooler in the couptad to the south of 15°N, except in the
upwelling region offshore of Peru. These changesngan SST lead to corresponding
changes in mean precipitation and OLR (not showngh that there is more (less)
precipitation where the coupled model SST is warfoepler). The differences of OLR
intraseasonal variability show a similar patteriithvgreater (reduced) OLR variability in

the coupled model relative to the atmosphere-ondgleh when the mean SST is warmer
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(cooler). Thus, in a comparison between Exp. 1E&xpul 2, it will be difficult to determine
whether the changes in convective variability ane tb the change in the mean SST, or
due to the modification of intraseasonal convectioyn coupling. (This point was
recognised by Waliser et al. 1999, who employed@mmaly-coupled run to remove this
effect, and by Innes et al. (2003), who found ttheg MJO was better simulated in a
coupled model when flux correction was employedcomstrain the background state).
These differences in mean state do not apply wlempearing the atmosphere-only runs
Exp. 2 and Exp. 3, for which the mean SST is thenesdy design, and the mean
precipitation fields are also very similar (not am). It follows that comparison of these
two simulations will show changes that are solelye do the presence or otherwise of
intraseasonal SST variability.

The OLR variability in the atmosphere-only run adjat to the Pacific coast of
southern Mexico is closer to observations in teigion than the coupled model (compare
Fig. 4a, b, ¢), and part of the reason for thisyeeéo be the bias in mean SST in the
coupled model relative to observations (Fig 4e cors).

In contrast to the systematic differences in irde@®nal OLR variability between
Exp. 1 and Exp. 2, differences between the atmaspbry run with smooth SST (Exp. 3,
Fig 4d), and the atmosphere-only case with no sagt(Exp. 2, Fig. 4c) are patchy in
nature (Fig. 4f). There is no evidence of a systemmaduction in OLR variability when the
SST variability is removed.

The lag correlations between the OLR in the seisitruns and the NOAA OLR
(Fig. 6b) reveal that Exp. 2 has a slightly lowgstantaneous correlation (0.54) than Exp. 1

(0.6), and Exp. 3 has the lowest correlation (OIBus, although the spatial distribution of
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the OLR variability is somewhat better in the atptesre-only run than in the coupled run,
and there is no systematic difference in OLR valitgloetween Exp. 2 and Exp. 3, there
does seem to be a slight improvement in correlatith observations when coupling and

SST variability is included.

4.3 Surface latent heat flux: the contribution of vind speed and SST anomalies

In the IROAM coupled model, evaporation anomaliesamost in antiphase with
the OLR (Fig. 15a, c), such that more evaporaticcucs in conjunction with convection.
This is consistent with the observational analysisthis region of Maloney and Kiehl
(2002b), and Maloney and Esbensen (2007). The sjporeling regression maps of scalar
wind speed are spatially similar to that of thefate latent heat flux, except that there is a
notable change of sign west of P&0(Fig. 16a, b). This change of sign (due to tlet fiaat
the zonal wind anomalies cross the zero point @itiean zonal wind) is reminiscent of the
dipole in convection. It may be noted from Fig.th&t there is no corresponding dipole in
latent heat flux. However, when the latent heat fRiregressed instead on OLR variability
in an index box located in the warm pool west @0V, a high (negative) correlation was
found between evaporation and OLR in that regiat &nhown). This suggests that when

there is convection east of 0 which is accompanied with positive OLR anomalies
west of 120N (Fig. 8c, 9c), there should be negative evapomatinomalies west of

120°W, which is not seen in Fig. 15a, b, e, and theaedor this may be a weakness of the

regression technique, with small correlations betwkatent heat flux in one dipole and

OLR variability in the other.
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The corresponding temporal variations of SST in ¢bapled model (Fig. 17a,b)
show that the SST is almost in quadrature with OdtReh that warm SST tends to precede
convection by 2-3 pentads, and cool SST lags cdioreby about 2 pentads. These results
are reasonably consistent with the observationalyais of Hendon and Glick (1997) for
the Indian and western Pacific Oceans, and MalanelyKiehl 2002b, Maloney et al. 2008
for the Eastern Pacific summer warm pool. They as® consistent with the expected
response of SST to increased evaporation (and lppssintrainment) under the strong
winds associated with convection, as well as trducgon of solar insolation due to
increased clouds.

More information on the sensitivity to SST is giv@nregression plots for SST and
OLR in Exp. 2 (Fig. 17c,d) which may be comparethwhe coupled run discussed above
(Fig 17a, b). The atmosphere-only run produces@i-GLR relationship which is slightly
altered relative to the quadrature of the coupled such that the SST anomalies appear
about 1 pentad later (compare Fig. 17b,d), andlare shifted to closer in phase to the
negative OLR (compare e.g. Figs. 17a, c). This iypcal one-way response of the
atmosphere to SST, because in this sensitivity raxeat the atmosphere is not allowed to
modify the SST via short wave fluxes or evaporat@as would occur in the coupled run,
which would lead to cooling under convection.

The regression plots for latent heating, wind spaed SST (Figs. 15-17) suggest
that SST is not having a significant effect on #weporation, as summarized in the
following two points. Firstly, in the fully coupledin the SST is almost in quadrature with
(orthogonal to) evaporation, so that the SST anesalould just be a passive response to

the surface heat flux. Secondly, the evaporatioriife no-SST variability case Exp.3 (Fig.
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15e,f) is similar to that of Exp. 1 and Exp. 2 (BEifa,b) and appears to be more governed
by the wind speed variability which is qualitatiyedimilar in all cases (not shown, but
wind vector anomalies are shown in Figs. 15a, b, €)

A simple scaling analysis is helpful to estimate thlative importance of SST and
wind speed fluctuations to the evaporation anoraaliériting the bulk flux formulation of

evaporation E in the standard form

E = pLCU(a.(SST - o(T,)) 1)
where U and T are near surface (typically 10m) wind speed antasa air temperature
respectively, g is humidity, sgis saturation specific humidity, L the latent heaft

vaporization,pthe air density and £the 10m turbulent exchange coefficient for latent
heating, then the change in evaporation due tcaagshin wind speed\{) and that due to
a change in SSTKST) is given by
AE = pLC.(U - AU)(q.(SST- ASST)- q(T, - AT,))
where it is seen that the air temperature will alsspond by an amouff,. One way to

approximate the relative roles of SST and wind dpeethis expression is to assume a
constant relative humidity (RH) and constant seausiair temperature difference. Then

the humidity difference in (1) is given by

0,(SST - q(T,) =a,(SST) - RHq(T,)

Linearising the Clausius-Clapeyron relationshipwltbhe SST, so that/dr=K, a
constant, andj(T,) = q,(SST)- K(T, - SST )it is easily shown that

AE = AE,, - AE;- AU (1- RH)KAT )

where
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AE,, = pLC_AU{(1- RH)q,(SST)- RH.K(SST- T,)}
AEs, = pLCU (1- RH)(KASST)

are the wind and SST contributions respectively gnedsecond-order last term in (2) is
neglected.

We can then estimate the change in evaporation fr@mROAM model results,
noting that SST anomalies reach up to ~0.6xkOper Wm? (Fig 17) whilst wind speed
anomalies are around 0.03 frser Wmi? (Fig.16). Consider now a 10 Wianomaly of
OLR, which would lead to a change of SEJIT) of 0.06°C and a wind speed charlgg (
of 0.3 m&". Assume also a background SST of 27°C, and a memhspeed U of 6mbs

Table 1 lists the resulting values/&fy andZ&sstfor some selected values of RH and SST-

Ta. It can be seen that for a wide range of possilues, the wind contribution is an order
of magnitude larger than the SST contribution. (Egpvalues of RH and SST;Tn our
region of interest are 75% (see Fig. 1f) and 1.2 Fig. 1e) respectively, where the
wind contribution is 7.0 Wi and the SST contribution is 0.26 Wrfrom Table 1. These
values do not add up to the original 10 Whecause of the approximations of constant RH
and SST-7, as well as approximate linear regression fit.

The above scaling was based on the typical IROAMI $8d wind speed
anomalies, but it should be noted that similar ntages of anomalies were seen in
NCEP/NCAR reanalysis winds and Reynolds et al. S$dwever, recent findings from
satellite scatterometer and microwave imager dat@est that the typical anomalies are
somewhat larger, around 1thfor wind speed (Maloney and Esbensen 2007) arfCGd&
SST (Maloney et al 2008.), derived using a intragseal composite method. Again, this

gives rise to much larger values of wind contribntto evaporation (19.6Wf) compared
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to the SST contribution (1.8WAL This shows that SST variability does not havarge
impact on east Pacific intraseasonal evaporatiod, tae coupled model results further
suggest that the coupling does not affect the setraonal convection. In contrast the mean
SST is clearly important, presumably since a laftgee-mean SST would foster more
convective instability and support stronger convecevents, even if the SST variability

was unchanged.

4.4 SST and the influence on low level convergence

The above analysis has focused on the role of $8Tcaupling in modifying the
surface latent heat flux. Another possible avenyewhich the SST can affect the
atmospheric convection is via moisture convergdhoelzen and Nigam 1987; Waliser et
al. 1999). In this proposed mechanism, air tempegahnomalies in the boundary layer,
which are correlated with SST anomalies, inducerdstatic pressure gradients which
drive winds and convergence. This possibility isestigated by examining the wind
convergence at 10 m, which is used here as a pomtiie low level moisture convergence.

In the coupled run (Exp. 1) at lag zero the loweleconvergence hugs the Pacific
coast (Fig. 18a) whereas the 850hPa convergencerliesdthe main convective center
(Fig. 18c), the latter being expected for a firardelinic mode in the free troposphere.
Hovmoller diagrams confirm that the 10m convergeleagls the OLR anomaly and the
850hPa convergence by about 1-2 pentads, parficutathe longitude band of 110°W to
100°W (compare Figs. 18b, d). In the atmospherg-cake (Exp. 2), a similar spatial
pattern of low level convergence was obtained, $arhe weakening (relative to the

coupled run) was seen (not shown). However fouthmupled and smooth SST run (Exp.
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3), there was very little difference in surface wengence relative to Exp. 1, (compare Figs
18e, f with Figs. 18a, b), indicating that SST ahiiity is not significantly affecting the
low level convergence (compare Figs. 18e, f withsFL8a, c).

By comparison, Maloney and Kiehl (2002b) also foangmall direct contribution
of SST anomalies to surface convergence (aboutdfd¥e observed total). However they
speculated that this small convergence anomalyicfwpreceeded the main convection by
about 2 pentads), could trigger initial convectihich would then enhance the
convergence anomaly via the mechanisms demonstiatethe LBM, i.e. convection-
circulation feedbacks. The comparison in this papfesimulations with SST anomalies
(Exp. 2) vs those without (Exp. 3) would seem tggast that the SST-induced moisture
convergence and the associated feedbacks are motgha large effect: rather, the
intraseasonal anomalies in low level convergencethie model, which lead free
tropospheric convergence by 1 to 2 pentads, amaapity driven by the atmospheric
heating (Gill 1980) and the boundary layer fricabeffects (Wang and Rui 1990; Wang
2005). However it may be argued that larger amdit&ST anomalies would lead to a

more significant effect (see the related Discussielow).

5. Discussion

In this paper it has been shown that the coupledlemeariability exhibits a

significant correlation with the observed intragead zonal winds and OLR, such that the

phase of zonal wind and OLR anomalies is very c{asthin a pentad) between the model

and observations. Obtaining skill in simulatingttb@mplitude and phase relies on a
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balance between the role of boundary forcing ared Itital convection-circulation and
ocean-atmosphere feedbacks. If the local proceassego0 strong, the skill may be
reduced, particularly for phase, as the boundanditions lose importance. Conversely,
weak local feedbacks would likely lead to small &tade variability within the domain.

Considering the results of the regional coupled ehodinear baroclinic model and
observations together, it appears that the intsased variability in the eastern Pacific
warm pool is governed by the global MJO and theallbeek between convection and
circulation, but has a weaker dependence on oceaosahere coupling.

Intraseasonal OLR variability in the coupled moded slightly improved
correlation with observed values when comparechéatmosphere-only sensitivity runs
(Fig. 6b). However, the phasing of the peak OLRhia sensitivity runs is close to that in
the coupled run and in the observations, and thplimmde of OLR variability is not
systematically reduced when the SST variabilitysnsoothed out (Fig. 4). These results
suggest that the intraseasonal variability of Ssthe east Pacific warm pool is not making
a large impact on the intraseasonal convectiomigiyrhodel and this region. This leads to
the question of why coupling has such a small &ffebereas most previous studies such
as Flatau et al 1997, Waliser et al 1999, and Mgtand Kiehl 2000b found that coupling
improves the MJO simulation? One possibility is tegional nature of the model, which
contrasts with the previous papers that typicatigstder global models. In a global model,
sensitivity to SST in a given region can influernice global MJO and subsequently affect
the MJO signal coming into that region: whereasunregional model this feedback is not
possible. Another possibility is that the slab ndixayer of constant depth utilised by e.g.

Waliser et al (1999) and Maloney and Kiehl (2008@@s not provide a realistic simulation
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of the ocean, e.g. by not capturing the observhdmogeneity of background mixed layer
depth (Fig. 1e) or by not allowing mixed layer dep respond to surface stress and flux
variability. More recently, another aspect of aasinteraction has been implicated for
improving simulations of the MJO: Woolnough et 2007) find that a good representation
of the near surface diurnal variability enhancesOMaredictability. Our model does not

capture diurnal variability due to the daily comgliinterval.

The SST anomalies produced by the coupled modalaangparable to those seen in
the SST analysis of Reynolds et al. (2002) but weékan those inferred from TMI data
(Maloney et al. 2008). Our assumption is that #sponse to coupling is linear, but it may
be possible that nonlinear effects become impontdmn SST anomalies become large
(i.e. larger than those seen in the coupled mogpl E, and also larger than those used in
Exp. 2). The exponential form of the Clausius-Clapa equation is one possible source of
nonlinearity (which we approximated to linear irctsen 4.3). Further, the mean SST in the
coupled model is lower than that in observationg.(Be), which would act to further
reduce the absolute value of SST in the warm SS3selof the model compared to
observations and weaken the response of surfagesflanomalies to SST variations. It
may be possible that at higher values of absol&&, Seedbacks between ocean and
atmosphere become more significant. Thus, for studif the MJO it is important that
modeling efforts continue with a goal of obtainimpre realistic SST in coupled models
and atmosphere-only models.

A gquestion which arises from the study is how matthe intraseasonal variability
in this region is due to global MJO, and how muake tb other processes. OLR variability

in the east Pacifc warm pool is highly correlatathvan index of the global MJO, as is the
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intraseasonal SST variability, both of which arendtated by spatial structures of the same
size as the east Pacific warm pool itself (Maloeeyl 2008). Other processes, such as
strong gap winds and the high ocean mesoscalebildgianentioned in the introduction
contribute locally to SST variability but are nakdly to have a direct effect on
intraseasonal convective variability on the scdlthe warm pool (although they can affect
precipitation on small scales, e.g. Wijesekera ket 2005). The gap winds have
decorrelation timescales of around a week or Isss Chelton et al. 2000, their Fig. 14,
thin lines), much shorter than the intraseasonatscales of interest.

The above discussion should not exclude the pdisgibf the interaction between
intraseasonal variability and other phenomena énrégion. Maloney and Esbensen (2007)
show that the low level zonal wind anomalies dueh® global MJO modulate the gap
winds in the Gulf of Tehuantepec and Papagayo tlaunsithe MJO itself may influence the
nature of ocean eddy variability in this regionakidition, there appears to be a connection
between MJO variability and the mid-summer droug\er Central America and Mexico
(Magana et al. 1999, Small et al. 2007). Recenuhlighed work by the authors suggests
that in some years, the timing and magnitude of My€énts (which vary significantly from
event to event) can be such as to reduce the drgwbkn the convective phase of a strong
MJO passes over) or even to enhance the droughpldse of the MJO coincides with the

drought).
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6. Conclusions

The intraseasonal variability in the eastern Paafarm pool in summer is well
represented by a regional coupled model that isefbrat the boundaries by observed
meteorological fields during 1998-2003. Correlasidsetween the model and observations
in the east Pacific warm pool are 0.8 for 850hPaakavind anomalies and 0.6 for OLR
anomalies. The phasing, amplitude, and propagaifo®LR variability and associated
lower tropospheric winds agree well between moddl@bservations.

In the coupled model, evaporation is in phase wtthvection in the eastern warm
pool, and appears to be most sensitive to low levied speed (rather than SST), in
agreement with limited observations in the regisunch as the Tropical Atmosphere Ocean
array, see Maloney and Esbensen 2007). This maypimpared with observations in the
eastern hemisphere that show evaporation in phéakecanvection or lagging convection
by about one week (summarized in Hendon 2005). dipbsise relationships are at odds
with the classic WISHE mechanism which applies bBackground mean easterlies
(Emanuel 1987; Neelin et al. 1987), but other medelve suggested that an unstable
propagating mode can exist when the convection ewaporation are in phase, or
evaporation slightly lags precipitation, in regiasfsbackground westerly flow or no basic
flow (Xie et al. 1993; Raymond 2001; Sobel and Gild003; Sobel et al. 2008).

The strength of the intraseasonal variability ie toupled model, as measured by
the variance of outgoing longwave radiation, isselon magnitude to that observed, but
with a maximum located about 10° to the west ofdhserved maximum off the Pacific

coast of soutrhern Mexico. When the ocean modelpoo@nt is replaced by weekly
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reanalysis SST in an atmosphere-only experimeetetis a slight improvement in the
location of the highest variance (due to differenicethe climatological mean SST fields in
the experiments), but there is a slight worsenihthe lag correlations between model and
observed OLR variability. Analysis of sensitivitxperiments with the atmosphere-only
model reveal a weak sensitivity of the intraseab@izR variability to 20-90 day SST
variability. SST variability does not have a laggféect either on the latent heat flux or on
the low level convergence anomaly fields on intaae@al timescales. It appears that the
SST in the coupled model responds passively to ahesnof latent heat flux and short
wave radiation that accompany intraseasonal coioreevents.

The intraseasonal wind anomaly patterns in the ledumodel are consistent with
the response to local heating in a linear bararlmbdel. Observations and the regional
coupled model indicate a dipole in intraseasonaleotion anomalies in the east Pacific
centered about 120° W. The linear barotropic madsllts suggest that the wind speed
response to heating will change sign across 1209mMlying that the latent heat flux
anomalies will do the same if they are primarilyctd by wind speed, which appears to be
the case. Indeed, analysis of the regional modeiltseshow that there is a dipole of wind
speed anomalies; however, latent heat flux anomadieenot exhibit a dipole pattern in the
regression fields, possibly due to weaknesses én littear regression approach. The
circulation response predicted by the linear moglelld lead to positive feedbacks to
enhance convection (e.g. by increasing low levelveogence and evaporation). This
suggests that local convection-circulation feedbag&te important to intraseasonal

convection in this region.
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East Pacific intraseasonal convection appears tofluenced by the passage of the
MJO signals from the boundaries, together with lieetts between the circulation and
convection. One possibility for the initiation obrovection in the Eastern Pacific warm
pool relates to the coincident suppression of coimwe in the eastern Hemisphere and
propagation of a corresponding ‘dry’ intraseasdfelvin wave from the west Pacific. On
reaching the eastern Pacific warm pool, frictiocahvergence at its northern flank,
combined with the extensive area of warm SST, a age possible wind-evaporation

feedbacks, favors (and set the phase of) deep choneanomalies.

Acknowledgements

The constructive comments of two anonymous revisweglped improve this
paper. The majority of this work was done whilst R.S. and S. P. dS were at the
International Pacific Research Center. S.-P. X,Rnd. S. were supported by NASA (grant
NAG-10045 and JPL contract 1216010). S.-P. X, SI12and R. J. S.were also supported
by the Japan Agency for Marine-Earth Science anchii@ogy (JAMSTEC) through its
sponsorship of the International Pacific ResearattéZeand Japan Ministry of Education,
Culture, Science and Technology through the Kya@seroject. S.-P. X received additional
support from the National Oceanic and Atmosphemienfistration (NOAA) under grant
NAO70AR4310257. IPRC contribution number XXX and ES&Y contribution number
YYY. EDM was supported under Award# NAO50OAR4310G8EM NOAA, and by the
Climate and Large-Scale Dynamics Program of thdoNal Science Foundation under
Grants ATM-0832868 and ATM-0828531. The statemefitg]ings, conclusions, and
recommendations do not necessarily reflect the ¥iefMWSF, NOAA, or the Department

of Commerce.

39



878

879

880

881

882

883

884

885

886

887

888

889

890

891

892

893

894

895

896

897

898

899

900

References

Back, L. E., C. S. Bretherton (2006) Geographidalality in the export of moist static
energy and vertical motion profiles in the tropiddhcific. Geophys Res Lett 33:
doi:10.1029/2006GL026672.

Barlow M, Salstein D (2006) Summertime influenddle Madden-Julian Oscillation on
daily rainfall over Mexico and Central America. @bys Res Lett 33:
doi:10.1029/2006GL027738.

Barnett TP (1983) Interaction of the monsoon ancifiéadrade wind system at interannual
time scales Part I: The equatorial zone. Mon Wea®H4.: 756—773.

Bessafi M, Wheeler MC (2006) Modulation of soutldiam Ocean tropical cyclones by the
Madden-Julian Oscillation and convectively-coupéepiatorial waves. Mon Wea Rev
134: 638-656.

Bond NA, Vecchi GA (2003) On the Madden Julian @aton and precipitation in
Oregon and Washington. Weath Forecast 18: 600-613.

Chang C-H (2009) Subseasonal variability inducedolygraphic wind jets in the East
Pacific warm pool and South China Sea. Ph.D. dizsen, Univ. Hawaii, pp154.

Chiang JCH, Zebiak SE, Cane MA (2001) Relative galé elevated heating and surface
temperature gradients in driving anomalous surfageds over tropical oceans. J
Atmos Sci 58: 1371-1394.

Chelton DB, Freilich MH, Esbensen SK (2000) Saeldbservations of the Wind Jets off
the Pacific Coast of Central America. Part I: CaSeudies and Statistical

Characteristics. Mon Wea Rev 12893-2018.

40



901

902

903

904

905

906

907

908

909

910

911

912

913

914

915

916

917

918

919

920

921

922

923

Emanuel KA (1987) An air-sea interaction model ofraseasonal oscillations in the
Tropics. J Atmos Sci 44: 2324-2340.

Farrar JT, Weller RA (2006) Intraseasonal varidpihear 10°N in the eastern tropical
Pacific Ocean. J Geophys Res 111, doi:10.1029/Z00EJ989.

Fiedler PC, Talley LD (2006) Hydrography of the teas tropical Pacific: a review. Prog
Oceanogr 69: 143-180.

Flatau M, Flatau PJ, Phoebus P, Niiller PP (199Te Teedback between equatorial
convection and local radiative and evaporative @sees: The implications for
intraseasonal oscillations. J Atmos Sci 54: 2378623

Gill AE (1980). Some simple solutions for heat-indd tropical circulation. Quart J Roy
Met Soc 106: 447-462.

Gilman D, Fuglister P, Mitchell JM (1963) On thewsr spectrum of red noise. J Atmos
Sci 20: 182-184.

Garabowski WW (2006) Impact of explicit atmospheoean coupling on MJO-like
coherent structures in idealized Aquaplanet sinarat J Atmos Sci, 63, 2289-2306.
Hendon HH (2005) Air-Sea Interaction. In Lau WKM,allder DE (ed) Intraseasonal

variability in the Atmosphere-Ocean Climate Syst&mringer, New York, pp 223-246.

Hendon HH, Glick J (1997) Intraseasonal air-searadtion in the tropical Indian and
Pacific Oceans. J Clim 10:647-661.

Hendon HH (2000) Impact of air-sea coupling on Madden-Julian oscillation in a
general circulation model. J Atmos Sci 57:3939-3952

Higgins RW, Chen Y, Douglas AV (1999) Interannuatigbility of the North American

warm season precipitation regime. J Clim6B3-680.

41



924

925

926

927

928

929

930

931

932

933

934

935

936

937

938

939

940

941

942

943

944

945

Horel JD (1984) Complex principal component analy3iheory and examples. J Applied
Meteor23:1660-1673.

Hu Q, Randall DA (1994) Low-frequency oscillatiomsradiative-convective systems. J
Atmos Sci 51:1089-1099.

Inness PM, Slingo JM (2003a) Simulation of the Maadulian Oscillation in a coupled
general circulation model. Part 1: Comparison vabiservations and an atmosphere-
only GCM. J Clim 16:345-364.

Innes PM, Slingo JM, Guilyardi E, Cole J (2003bm8lation of the Madden-Julian
Oscillation in a coupled general circulation mod#rt Il. The Role of the Basic State.
J Clim 16:365-382.

Jiang X, Waliser DE (2008) Northward Propagationhaf Subseasonal Variability over the
Eastern Pacific Warm Pool, Geophys Res Lett daid20/2008GL033723.

Kalnay E, Coauthors (1996) The NCEP/NCAR 40 yeaamalysis project. Bull Amer
Meteor Soc 77: 437-471.

Kayano MT, Kousky VE (1999) Intraseasonal (30-6@)dariability in the global tropics:
Principal modes and their evolution. Tellus 51A:365.

Kessler WS, McPhaden MJ, Weickmann KM (1995) Faycof intraseasonal Kelvin
waves in the equatorial Pacific. J Geophys Res1T@1:3-10631.

Kessler WS (2002) Mean three-dimensional circutatio the northeast tropical pacific. J
Phys.Oceanogr 32:2457-2471.

Legeckis R (1977) Long waves in the eastern equatBacific Ocean: a view from a

geostationary satellite. Science 197:1179-1181.

42



946

947

948

949

950

951

952

953

954

955

956

957

958

959

960

961

962

963

964

965

966

967

968

Liang J-H, McWilliams JC, Gruber N (2009) High-ftegncy response of the ocean to
mountain gap winds in the northeastern tropical iffac] Geophys Res 114,
doi:10.1029/2009JC005370.

Liebomann B, Smith CA (1996) Description of a comelginterpolated) Outgoing
Longwave Radiation Dataset. Bull Am Met Soc 77:1:2257

Lin JL, Kiladis GN, Mapes BE, Weickmann KM, Sperb¢R, Lin W, Wheeler MC,
Scubert SD, Del Genio A, Donner LJ, Emori S, Guerel, Hourdin F, Rasch PJ,
Roeckner E, Scinocca JF (2006) Tropical intrasessweariability in 14 IPCC AR4
climate models. Part I: convective signals. J Cl#r2665-2690.

Lin J, Mapes B, Zhang M, Newman M (2004) Stratifopmecipitation, vertical heating
profiles, and the Madden-Julian Oscillation. J Agn8ti 61296-309

Madden RA, Julian PR1994) Observations of the 40-50-Day Tropical Oscillatiof
Review.Mon Wea Rel22:814-837.

Magana V, Amador JA, Medina S (1999) The Midsumrdesught over Mexico and
Central America. J. Clim., 12:1577-1588.

Maloney ED, Hartmann DL (2000) Modulation of easteorth Pacific hurricanes by the
Madden-Julian oscillation. J Clim 13:1451-1460.

Maloney ED, Hartmann DL (2001) The sensitivity ofraseasonal variability in the NCAR
CCMa3 to changes in convective parameterizationind,d4:2015-2034.

Maloney ED, Kiehl JT (2002b) MJO-related SST vaoias over the tropical eastern
Pacific during Northern Hemisphere summer. J CI51675-689.

Maloney ED, Kiehl JT (2002a) Intraseasonal eastegtific precipitation and SST

variations in a GCM coupled to a slab ocean mat€lim 15:2989-3007.

43



969

970

971

972

973

974

975

976

977

978

979

980

981

982

983

984

985

986

987

988

989

990

991

992

Maloney ED, Esbensen SK (2003) The amplification eafst Pacific Madden-Julian
oscillation convection and wind anomalies duringneiNovember. J Clim 16:3482-
3497.

Maloney ED, Sobel AH (2004) Surface fluxes and aceaupling in the tropical
intraseasonal oscillation. J Clim, 17:4368-4386.

Maloney ED, Esbensen SK (2007) Satellite and bubgervations of intraseasonal
variability in the tropical northeast Pacific. Mdviea Rev, 135:3-19.

Maloney ED, Chelton DB, and Esbensen SK (2008) &adxsnal SST variability in the
tropical eastern north Pacific during boreal summeZlim 21:4149-4167.

Maloney ED, Shaman J (2008) Intraseasonal varigtoli the west African monsoon and
Atlantic ITCZ. J Clim 21:2898-2918.

Neelin JD, Held IM, Cook KH (1987) Evaporation-wiridedback and low frequency
variability in the tropical atmosphere. J Atmos 84i2341-2348.

North GR, Bell TL, Cahalan RF, Moeng FJ (1982) Skamgperrors in the estimation of
empirical orthogonal functions. Mon Wea Rev 110:698.

Pacanowski RC Griffies SM (2000) The MOM3 manudkD& Ocean Group Tech. Rep.
4, Geophysical Fluid Dynamics Laboratory, PrincetonN.J., 680pp.

http://www.qgfdl.noaa.gov/~sma/MOM/web/quide parenide parent.html

Pacanowski RC, Philander SGH (1981) Parameterizaifovertical mixing in numerical
models of tropical oceans, J Phys Oceanogr. 11:1453.

Raymond DJ, (2001) A new model of the Madden-JuBiaillation. J Atmos Sci 58:2807-
2819.

Reynolds RW, Rayner NA, Smith TM, Stokes DC, Wandg2002) An improved in situ

and satellite SST analysis for climate. J Clim $89-1625.

44



993 Reynolds RW, Smith TM, Liu C, Chelton DB, Cas$&y,Schlax MG (2007) Daily High-
994 Resolution-Blended Analyses for Sea Surface Tenyeral Clim 20: 5473-5496.

995 Seo H, Miller AJ, Roads JO (2007) The Scripps CedpDcean-Atmosphere Regional

996 (SCOAR) Model, with applications in the EasterniRasector. J Clim, 20:381-402.
997 Slingo JM, and co-authors (1996) Intraseasonalllasons in 15 atmospheric general
998 circulation models: results from an AMIP diagnostibproject. Clim Dyn 12:325-357.

999 Small RJ, deSzoeke SP, Xie S-P (2007) The CeAmrsrican Mid-summer Drought:
1000 regional aspects and large scale forcih@lim 20: 4853-4873.

1001 Sobel AH, Gildor H (2004) A simple time-dependentdal of SST hot spots. J Clim
1002 16:3978-3992.

1003 Sobel AH, Maloney ED, Bellon G, Frierson DM (2008)e role of surface heat fluxes in
1004 tropical intraseasonal oscillations. Nature Gegsme 1:653 — 657.

1005 Sobel AH, Maloney ED, Bellon G, Frierson DM (2018urface fluxes and tropical
1006 intraseasonal variability: a reassessment. J AddéVigarth Syst, in press.

1007 Thompson RM, Payne SW, Recker EE, Reed RJ (1979¢t8te and properties of synoptic
1008 scale wave disturbances in the Intertropical Coyetece Zone of the Eastern Atlantic. J
1009 Atmos Sci, 36,: 53-72.
1010 Waliser DE, Lau KM, Kim JH (1999) The influence adupled sea surface temperatures
1011 on the madden-Julian Oscillation: a model pertuobatxperiment. J Atmos Sci
1012 56:333-358.
1013 Wang B (2005) Theory. In Lau WKM, Waliser DE (edhtraseasonal variability in the

1014 Atmosphere-Ocean Climate Syetem, Springer, New ,YjgrB07-360.

45



1015

1016

1017

1018

1019

1020

1021

1022

1023

1024

1025

1026

1027

1028

1029

1030

1031

1032

1033

1034

1035

1036

1037

Wang Y, Sen OL, Wang B (2003) A highly resolvedioegl climate model and its
simulation of the 1998 severe precipitation evener China. Part I: Model description
and verification of simulation. J Clim 16:1721-1738

Wang B, Rui H (1990) Dynamics of the coupled mdsélvin-Rossby wave on an

Equatorial Bplane. J Atmos Sci 47: 397-413.

Wang B, Webster P, Kikuchi K, Yasunari T, Qi Y (B)Boreal summer quasi-monthly
oscillations in the global tropics. Clim Dyn 27:6615.

Wang B, Xie X (1998) Coupled modes of the warm paivhate system. Part | the role of
air-sea interaction in maintaining Madden Juliawci@zion. J Clim 11: 2116-2135.

Watanabe M, Kimoto M (2000) Atmosphere-ocean caugplin the North Atlantic: a
positive feedback. Quart J Roy Met Soc 126:33439336

Wentz FJ, Smith DK (1999) A model function for theean-normalised radar cross-section
at 14 GHz derived from NSCAT observations. J GegRgs, 104:11499-11514.

Wijesekera HW, Rudnick DL, Paulson CA, Pierce Sbg& WS, Mickett J, Gregg MC
(2005) Upper ocean heat and freshwater budgettseireastern Pacific warm pool. J
Geophys Res 110, doi:10.1029/2004JC002511.

Woolnough SJ, Vitart F, Balmaseda MA (2007) The il the ocean in the Madden-Julian
Oscillation: implications for MJO prediction. QuafRoy Met Soc 133:117-128.

Wu Z, Battisti DS, Sarachik ES (2000) Rayleightfdn, Newtonian cooling, and the linear
response to steady tropical heating. J Atmos Scl837-1957.

Wu Z, Sarachik ES, Battisti DS (2000) Vertical sture of convective heating and the
three dimensional structure of the forced circolatin the tropics. J Atmos Sci 57:

2169-2187.

46



1038

1039

1040

1041

1042

1043

1044

1045

1046

1047

1048

1049

1050

1051

1052

1053

1054

1055

1056

1057

1058

1059

1060

Wyrtki K (1964) Upwelling in the Costa Rica Domaslkery Bulletin 63:355-372.

Xie S-P, Hu K, Hafner J, Tokinaga H, Du Y, Huang &mpe T (2009) Indian Ocean
capacitor effect on Indo-Western Pacific climateiniy the summer following El Nino.
J Clim, 22:730-747.

Xie S-P, Kubokawa A, Hanawa K (1993) Evaporatiomavieedback and the organizing of
tropical convection on the planetary scale. Padqulsi-linear instability. J Atmos Sci
50:3873-3893.

Xie S-P, Miyama T, Wang Y, Xu H, deSzoeke SP, SRRdll Richards KJ, Mochizuki T,
Awaji T (2007) A regional ocean-atmosphere modal éastern Pacific climate:
towards reducing tropical biases. J Clim, 20:156221

Xie S-P, Xu H, Kessler WS Nonaka M (2005) Air-sateraction over the eastern Pacific
warm pool: Gap winds, thermocline dome, and atmespltonvection. J Clim 18:5-
25.

Zamudio, L, Hurlburt HE, Metzger WJ, Morey SL, Oién JJ, Tilbourg C, Zavala-Hidalgo
J (2006) Interannual variability of Tehuantepec iesld J Geophys Reslll
doi:10.1029/2005JC003182.

Zebiak SE (1986) Atmospheric convergence feedbaeksimple model for EI-Nifio. Mon
Wea Rev 114: 1263-1271.

Zhang C (2006) Madden-Julian Oscillation. Rev Geggpt3:2004RG000158.

Zhang C, Dong M, Gualdio S, Hendon HH, Maloney Barshall A, Sperber KR, Wang
W (2005) Simulations of the Madden-Julian oscidatin four pairs of coupled and

uncoupled global models. Clim Dyn 21:573-592.

47



1072

1073
1074

1075
1076
1077
1078
1079
1080
1081

1082

(a) Wind speed contribution

Relative SST-T,(°C)

0.5 1 15
humidity %
80 5.2 55 5.9 6.2
75 6.4 6.7 7 7.4
70 7.5 7.8 8.2 8.5

(b) SST contribution

Relative SST-T,(°C)

0.5 1 15
humidity %
80 0.21 0.21 0.21 0.21
75 0.26 0.26 0.26 0.26
70 0.32 0.32 0.32 0.32

Table 1. Relative contributions to evaporation (Wrof a) wind speedsy, and b)
SST (&ssy) for a wind speed anomaly of 0.3m&nd an SST anomaly of
0.06°C,. Here the mean wind speed is mmsean SST is 27°C, latent heat of
vaporization ~ 2.5 10 , turbulent heat exchange coefficiert=C.5x10° ,
density of air ~ 1kgm, and the rate of change of saturation specificitiityn
with temperaturedd/dr=K) is given by 8.1x19 K™
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Latitude

\ (a) Obs. summer Precip (color) and SST (contour)
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Figure 1. Summer climatology (June to Septembernnfeam 1998-2003) of the Eastern Tropical
Pacific. a) Observed precipitation from TRMM 3B42l6r, mmday) and SST from TMI (contours, °C)
b) Observed NOAA OLR (color, Wjrand mean 10 m wind vectors from QuikSCATYn as a) but
for the IROAM coupled model, SST and precipitatioote different color bar from a). d) as b) but the
coupled model OLR and mean wind vectors. In b)drttie zero contour of 10m zonal wind is overlaid.
e) Mixed layer depth (color, m) and sea minus emperature difference (°C, contour) from the codple
model f) depth of the 20°C isotherm (color, m), aedr-surface relative humidity (%) from the cowple
model. Mixed layer depth is defined as the depteravthe temperature is less than SST-0.2°C.
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Fig. 2. Standard deviation of filtered zonal wimdst) at 850hPa, from 1998-2003, all seasons.

a) NCEP/NCAR reanalysis, and b) IROAM model.
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IROAM—NCEP U850 LAGCOR.

0.8

0.6 1

0.4

0.2

Lag Correlation
o

70.6,

08 55 b 15 <o 5§ 5 10 5 J0 25 0

Lag (Days)
Fig. 3. Lag correlations, of IROAM filtered zonaiha at 850hPa onto NCEP filtered zonal wind
at 850hPa, both averaged in the box 10°N to 1830°W to 100°W. Data is taken from 1998-

2003, all seasons.
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(a) NOAA OLR stdev. : Summer 98-03
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Figure 4. a),- d) Standard deviation of filtered Rcolor, Wrif): a) from NOAA observations,
b) from the regional coupled model, Exp. 1, c) fitben regional atmosphere-only model Exp. 2.
and d) from the regional atmosphere-only modelwith smooth SST, Exp. 3, e), f) differences
in OLR standard deviation for ) Exp. 1 minus Expnd f) Exp. 3 minus Exp. 2. Data is taken
from 1998-2003, summer season (Jun-Sep). The @iRktfre IROAM model has been smoothed
with a 1-3-1 filter in two dimensions. In e) tHematological summer mean SST difference of
Exp. 1 minus Exp. 2 is contoured at 0.25°C intexwaith negative values dashed, and the zero

contour omitted.
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(a) 15.5°N, 104.5°W Model Precip Spectrum (b) 15°N, 105°W TRMM Precip Spectrum
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Figure 5. a, b) Power spectrum of May-October ppéation averaged over a $01.0° box
centered at a) 158, 104.5W,coupled model and b)1%, 105W, from TRMM precipitation.

c, d) SST averaged over %4° box centered c) at 2018, 109.5W for the coupled model and d)
at 1N, 108W from TMI SST. The climatological seasonal cyee removed before
computation of the spectrum. Also shown are thenmske background spectrum and the 95%

confidence limits on this background spectrum.
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Fig. 6. Lag correlations of filtered OLR in the bd8°N to 20°N, 110°W to 100°W. a) NOAA
OLR autocorrelation (solid line, symmetric), IROAMNLR autocorrelation (dash-dot line,
symmetric) and the lag correlation of IROAM OLRmNOAA OLR (dashed line). b) Lag
correlations, of IROAM OLR onto NOAA OLR. Soligfifully coupled run. Dashed line:
atmosphere only run with Reynolds SST. Dot-dasheddtmosphere only run forced with SST
with no intraseasonal variability. Data is takemfn 1998-2003, all seasons.
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Spatial Amplitude: Precip CEOF1 Spatial Amplitude: Precip CEOF1
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Figure 7. a) Spatial amplitude, b) fraction of édwariance explained, and c) spatial phase
corresponding to the first CEOF of June-Octoberd®day TRMM precipitation. d), e), f): as
a), b), c) but for the coupled model, Exp. 1. Timatial amplitude was normalized in the
calculation of the CEOFs. Increasing spatial phas#icated the direction of propagation for

increasing temporal phase. (Spatial phase is shatvere local variance explained exceeds 0.1.)

62



(@) OLR, 850mb winds Lag —20 days (b) Lag —10 days
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Figure 8. NOAA filtered OLR (color) lag regressatathe filtered OLR in the 10°N to 20°N,
110°W to 100°W box area for various lags: a) -20<l b) -10 days, c) 0 days, d) 10 days, €) 20
days and f) 30 days. Vectors show NCEP/NCAR resisaljinds at 850hPa lag regressed onto
the OLR index: every second point in longitudehma, and only vectors with magnitude
greater than 0.025m#Wni%. Panels show lags at intervals of 10 days. Nega®R is

associated with strong convection. White box idez)otes the area used for linear regression.
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(@) OLR, 850mb winds Lag —20 days (b) Lag —10 days
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Figure 9. As Figure 8 but from regional coupled rebdROAM): filtered OLR lag regressed

onto the IROAM filtered OLR in the 10°N to 20°NQ°\MV to 100°W box.
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Figure 10. a), b) IROAM OLR lag regressed onto NAMMR index (col): NOAA OLR lagged
onto NOAA OLR index (contour). a) shows a Hovmaliagram for an average between 10°
and 20°N, indicating eastward propagation and )wh a Hovmoller diagram for data

averaged between 110° to 100° W, to illustrate mwetrd propagation.1998-2003 data, summer.
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(b) Vertical profile: Av (lon=255,lon=265,lat=12,lat=17)

(a) Heating spatial structure (K/day)
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Figure 11. Linear baroclinic model simulations b&tresponse to a heat source over the Eastern
Pacific in summer. a) horizontal structure (heatiage in Kday" at =0.55), b) vertical
structure plotted againsiKday®, area-average as labeled), c) model-simulated h®@0wind

response (mY and the zero contour of the background summermmzeaal wind from
NCEP/NCAR reanalysis (mean westerlies are enclasah the contour), and d) model-

simulated 850hPa wind response {hs
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(a) OLR (col) and U850 (contour, m/s), filtered, year-2002 (b) OLR (col) and U850 (contour, m/s), filtered, year-2002
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Figure 12. Hovmoller plots of OLR (color, Wirand 850hPa zonal wind (U850, contoured at 05ingervals, negative dashed and
zero omitted), both filtered. OLR is averaged betw®#0°N and 20°N, whilst U850 is averaged betw@e8 and 10°N. Note these
plots cover the complete longitude domain of IRCiAdvh 150W to 30W, allowing inspection of boundargditions. a) OLR from
NOAA and U850 from NCEP/NCAR reanalysis for 2082 &unction of pentad number (pentads 30 to 58 $ipa June to

September period). b) corresponding fields from ARD
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Figure 13. a), Standard deviation of 20-90 dayefiid SST (°C, see non-linear color scale) from
the coupled model Exp. 1. b) as a) but for the Blejgnand Smith (2002) SST product, used as
boundary conditions for the uncoupled run Exp.)Zaga) but from the atmosphere-only run
with smoothed SST , Exp. 3, and d): differencesaf Sandard deviation between Exp. 1 and

Exp. 2. Data from 1996-2003, summer season.
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Fig. 14. a) Spatial amplitude, b) fraction of locadriance explained, and c) spatial phase
corresponding to the first CEOF of June-Octoberd®0day observed (TMI) SST. d), e), and f),
as above but for the coupled model, Exp. 1. Thead@anplitude was normalized in the

calculation of the CEOFs. Increasing spatial phas#ticated the direction of propagation for

increasing temporal phase.
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(o) Couple LH, WOm winds Log(O) (b) Uncouple LH, 10m winds Lag(0) o (e) UCPSmoothSST LH, 10m winds Lag(0)
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Figure 15. a). IROAM filtered evaporation lag regsed onto the IROAM OLR index: lag (Odays) (mmqtey Writ, color) for Exp.
1. The +/-0.3 OLR regression contour is overlaidrigference, and 10m wind regressions are showreatrs (scale arrow at

bottom right of each plot, units ther Wnf). ¢) Hovmoller plot of the evaporation regress{onlor) averaged between 10°N and
20°N, with OLR contours overlaid, for Exp. 1. B)ad above but for uncoupled run Exp. 2. e, f)lasva but for uncoupled, smooth

SST run Exp. 3. 1998-2003 data, summer.
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Figure 16. Maps of the IROAM filtered 10 m scalandvspeed (color) and 10 m wind
vectors (arrow) lag regressed onto the IROAM OLé&ein a) at lag (0). The +/-0.3 OLR
contour is overlaid for reference. b) Hovmoller ptd the wind speed regression (color)

averaged between 10°N and 20°N, with OLR contorgdand. Units for wind speed and

vectors are m$per WnT. 1998-2003 data, summer.
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(¢) Uncouple SST, 10m winds Lag O
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Figure 17. IROAM filtered SST (K per Wrifcolor) lag regressed onto the IROAM
OLR index for Exp. 1. a) lag 0. The +/-0.3 OLR cumtis overlaid for reference. b)
Hovmoller plot of the SST regression (color) avedgetween 10°N and 20°N, with OLR

contours overlaid. c), d) as above but for uncodpien. 1998-2003 data, summer.
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(c) Couple 850hPa wind divg., vectors Lag(0) (e) Exp. 3 10m wind divg., vectors Lag(0)
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Figure 18. a) Map of the fully coupled IROAM fikd 10 m wind divergence (color) and 10 m wind mesc(arrow) lag regressed
onto the IROAM OLR index at lag O (days). b) Hovengilot of the 10m wind divergence regressiondoohveraged between 10°N
and 20°N, with OLR contours overlaid. Units foradiyence are 16s* per Wnif and vectors are misper Wnit. Divergence has been
smoothed twice with a 1-3-1 2-Dimensional filtgr.d) as a) b) above but for 850hPa winds fromabepled model. The +/-0.3

OLR contour is overlaid for reference. e, f) astg)above but for 10m winds from the atmospherg;@mhooth SST run Exp. 3. 1998-
2003 data, summer.
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