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[1] In recent years, the Indian Ocean (IO) has been
discovered to have a much larger impact on climate
variability than previously thought. This paper reviews
climate phenomena and processes in which the IO is, or
appears to be, actively involved. We begin with an update
of the IO mean circulation and monsoon system. It is
followed by reviews of ocean/atmosphere phenomenon at
intraseasonal, interannual, and longer time scales. Much of
our review addresses the two important types of interannual
variability in the IO, El Niño–Southern Oscillation (ENSO)

and the recently identified Indian Ocean Dipole (IOD). IOD
events are often triggered by ENSO but can also occur
independently, subject to eastern tropical preconditioning.
Over the past decades, IO sea surface temperatures and heat
content have been increasing, and model studies suggest
significant roles of decadal trends in both the Walker
circulation and the Southern Annular Mode. Prediction of
IO climate variability is still at the experimental stage, with
varied success. Essential requirements for better predictions
are improved models and enhanced observations.
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1. INTRODUCTION

[2] Until quite recently, it was generally accepted that the

influence of the Indian Ocean (IO) on climate variability,

beyond its probable impact on the monsoons, was not

appreciable. This view has changed profoundly recently,

particularly since 1997, with new evidence indicating an

important climatic role of IO sea surface temperature (SST)

both within the region and in other sectors of the globe. By

many measures, 1997 was an extraordinary year for the IO

and countries on its rim. Record rainfall was observed in East

Africa during October and November. Severe flooding in

Somalia, Ethiopia, Kenya, Sudan, andUganda caused several

thousand deaths and displaced hundreds of thousands of

people. On the other side of the IO, Indonesia suffered severe

droughts at the same time, and wild fires broke out of control

on several of its islands. The smoke and haze they generated

caused severe health problems in Indonesia and surrounding

countries. Not all of these climatic anomalies were due to the

El Niño of the century; unusual conditions in the tropical IO

made them worse. Among other things, the usual westerly

winds switched to easterlies during July–November, and the

otherwise typical eastward equatorial surface current never

developed during boreal fall. Efforts to determine the phys-

ical cause of the extraordinary 1997 event led to rapid

progress in understanding IO air-sea interaction and modes

of climate variability.

[3] The tropical Indian Ocean forms the major part of the

largest warm pool on Earth, and its interaction with the

atmosphere plays an important role in shaping climate on

both regional and global scales. It exhibits a number of

modes of climate variability, ranging from intraseasonal-to-

interannual and longer time scales, most of which are

coupled to the strong seasonal cycle. It differs from the

Atlantic and Pacific in a number of climatically important

ways. For one thing, the IO is bounded to the north by the

Asian continent, preventing northward heat export and only

allowing weak ventilation of the IO thermocline from the

north. For another, the Asian continent drives the strongest

monsoon on Earth, and the monsoonal winds generate large

seasonal variations in ocean currents, many of which

display annual reversals such as the Somali Current and

the Southwest/Northeast Monsoon Current south of India/

Sri Lanka. Equally important, the IO lacks steady equatorial

easterlies, a consequence of the rising branch of the IO

Walker circulation being anchored over the maritime con-

tinent. As a result, there is no climatological equatorial

upwelling in the eastern ocean, in contrast to the other two

tropical oceans. Instead, upwelling occurs in the Northern

Hemisphere off northwest Africa and the Arabian peninsula

and east and west of the tip of India and in the Southern

Hemisphere along the northern edge of the southeast trades.
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The northern upwelling is supplied by a shallow cross-

equatorial cell (CEC) that again does not exist in the other

oceans and carries most of the cross-equatorial heat trans-

port. Finally, the IO has a low-latitude exchange route with

the Pacific, the Indonesian Throughflow (ITF).

[4] In this paper, we review current evidence that sup-

ports the IO’s influence on climate variability. Specifically,

we report on climate phenomena for which IO SST anoma-

lies are known (or hypothesized) to feed back to the

atmosphere and on the oceanic processes that generate those

SST anomalies. We begin with an overview of the climato-

logical forcings and upper ocean circulations in the IO that

provide the background state about which climate signals

develop (section 2). We then discuss IO climate phenomena

sorted by time scale. (This division is practical and sensible

but not perfect since phenomena at different time scales

interact significantly.) Section 3 discusses intraseasonal

variability, one of the primary processes affecting rainfall

in the region. Section 4 reviews interannual climate vari-

ability, for which the two major signals are the El Niño–

Southern Oscillation (ENSO) and the Indian Ocean Dipole

(IOD; also called the Indian Ocean Zonal Mode). Section 5

considers variability at decadal and longer time scales,

including the secular warming trend that has occurred since

the 1950s. Section 6 provides a summary on the new

discoveries and discusses remaining challenges.

[5] Several review papers have been published previ-

ously on IO circulation and climate variability. Schott and

McCreary [2001] (hereinafter referred to as SMC01) is a

review of IO circulation, and section 2 updates this review.

Yamagata et al. [2004], Annamalai and Murtugudde [2004],

and Chang et al. [2006] focus mostly on the IOD mode,

southwest IO Rossby waves, and their climatic influences.

Our review is broader in scope, covering time scales from

intraseasonal to secular trends. It presents the latest advances

in ocean circulation studies and in the description and

understanding of modes of IO climate variability, including

their predictability and remote influences.

2. OCEAN CIRCULATIONS AND PROCESSES

[6] In much of this section, we review aspects of the IO

climatological circulation that impact SST, namely, the

ocean and atmosphere fields that interact at the air-sea

interface (section 2.1), near-surface currents (section 2.2),

the shallow meridional overturning circulations that carry

cool subsurface water to upwelling regions (section 2.3),

and the interocean circulations that connect the IO to the

other oceans (section 2.4). We conclude with a general

discussion of the oceanic processes that are known (or

expected) to alter IO SST and, hence, climate variability

(section 2.5).

2.1. Air-Sea Interface

2.1.1. Winds
[7] South of about 10�S, the southeast trades are rela-

tively steady (Figure 1), with their northern edge shifting

northward (southward) during the northern summer and fall

(winter and spring). In contrast, north of 10�S the winds

vary markedly, reversing direction with the monsoons

(Figures 1a and 1c). A striking, and dynamically important,

difference from the other tropical oceans is the absence of

sustained easterly winds along the equator. Instead, the

near-equatorial winds have an easterly component only

during the late winter/early spring (Figure 1a), a semiannual

westerly component during both intermonsoons (Figures 1b

and 1d), and a weak westerly annual mean.

2.1.2. Thermocline Depth
[8] One measure of the dynamical response of the ocean

to wind forcing is the depth of the thermocline. To illustrate,

Figure 1 also plots the depth of the 20�C isotherm (Z20;

shading), a typical midthermocline isotherm in the tropical

ocean, from the Simple Ocean Data Assimilation (SODA)

product [Carton et al., 2000]. It is deeper in regions of

Ekman convergence, i.e., where the Ekman pumping veloc-

ity wek is negative. (The wind-driven Ekman transports are

given by Me = (Mx, My) = (1/ro)k̂ � (t/f ), where t is the

wind stress vector, k̂ is a unit vector in the z direction, and f is

the Coriolis parameter. They are directed to the right (left) of

t in the Northern (Southern) Hemisphere. The Ekman

pumping velocity is the divergence of Me, that is, wek =

�r � Me = (1/ro)k̂ � r � (t/f ), and so is closely related to

the wind stress curl.) One such region is the subtropical gyre

south of 10�S, which resembles conditions in the other

subtropical oceans. Another is the interior of the Arabian

Sea during the summer (Figure 1c), where Ekman transports

converge southeast of the axis of the maximum monsoon

(Findlater) jet.

[9] More importantly for climate, Z20 is shallow in

regions where wek is positive and in coastal regions where

the alongshore winds are upwelling favorable. It is in these

regions where upwelling of cool subsurface water is

possible. Particularly noteworthy for our purposes are the

regions of shallow Z20 in the tropical southwestern IO

(SWIO) from 5 to 10�S throughout the year, where Ekman

drift transports water southwestward from the northern edge

of the trades. During the summer monsoon, pronounced

upwelling also occurs in the western Arabian Sea where the

alongshore winds cause offshore Ekman transports

(Figure 1c) and east and west of the tip of India where

positive wind stress curl causes local isopycnal doming and

open ocean upwelling. Conditions are also favorable for

upwelling off Java and Sumatra during boreal summer, an

important process during IOD events (section 4.2.1).

Typically, however, warm-water pulses are carried eastward

twice annually along the equator by surface jets, called

Wyrtki Jets after their discoverer [Wyrtki, 1973]; they

deepen the thermocline along the eastern IO boundary in the

late phase of the semiannual intermonsoon westerlies and

weaken or eliminate upwelling there (section 2.2.3).

2.1.3. SST and Precipitation
[10] Precipitation over the IO shows a general migration,

northward (southward) during the boreal summer (winter),

following the Sun and regions of warm SST. Wintertime

cooling in the northern Arabian Sea is particularly strong

because of latent heat loss caused by cool, dry air blowing
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off the Asian continent (Figure 2a). Against these seasonal

tendencies, there is strong summertime cooling in the

western Arabian Sea (Figure 2b), a result of upwelling near,

and offshore advection from, the Somali and Omani coasts

and of latent heat loss caused by the strong southwesterly

winds of the Findlater Jet. Cooling in the 5–10�S band and

off India is not apparent in SST because the upwelling in

these open ocean divergence regions is weaker than the

concentrated coastal upwelling off northwest Africa and

Arabia.

[11] The precipitation patterns are remarkably similar to

those for SST, indicative of the strong coupling between the

Figure 1. Monsoon wind stress fields from the 1990–1998 National Centers for Environmental
Prediction (NCEP) [Kalnay et al., 1996] climatology (vectors) and depths of 20�C isotherm (Z20) from
Simple Ocean Data Assimilation (SODA) (mean for 1992–2001, color shaded) for (a) January, (b) June,
(c) August, and (d) November.

Figure 2. (a) December, January, and February (DJF) and (b) June, July, and August (JJA) climatology
of sea surface temperature (SST) (intervals at 1�C; 28�C or higher in red) and precipitation (color shade
in mm/month) based on advanced very high resolution radiometer [Armstrong and Vazquez-Cuervo,
2001] and Tropical Rain Measuring Mission [Huffman et al., 2007] satellite observations, respectively.
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two fields. During summer, the cooling by upwelling off

Somalia keeps atmospheric convection from the western

Arabian Sea. Elsewhere north of the equator, from the

eastern Arabian Sea to the South China Sea, SST is high

and conducive to atmospheric deep convection. There, the

Asian summer monsoon is organized into several well-

defined convection centers, all anchored by mountain

ranges [Xie et al., 2006].

2.2. Upper Ocean Circulation

[12] Figures 3 and 4 provide schematic diagrams that

summarize the near-surface flow field in the IO during the

summer and winter monsoon periods, respectively. In the

Northern Hemisphere, where the observational knowledge

base was well established by the large experiments of the

mid-1990s, the schematic flow paths have not changed

since the publication of SMC01. In the southern IO,

however, several circulation elements are now quantified

that were only qualitatively known at the time of SMC01,

and pathways have changed. (Compare Figures 8 and 9 of

SMC01 with our revised schematic diagrams.)

2.2.1. Southern Indian Ocean
2.2.1.1. Westward South Equatorial Current and
Southward Western Boundary Currents
[13] The South IO is characterized by the westward

flowing South Equatorial Current (SEC), to a large part

supplied by the ITF (Figure 3). It splits at the east coast of

Madagascar near 17�S into northward and southward

branches, the Northeast and Southeast Madagascar Currents

(NEMC and SEMC). The NEMC transports about 30 Sv

(SMC01), supplying water for the Mozambique Channel

flow and the East African Coastal Current (EACC; Figure 3).

The southward branch transports about 20 Sv to the southern

tip of Madagascar, where it is suggested to dissolve into a

sequence of eddies and dipoles that migrate to the African

coast [de Ruijter et al., 2004; Quartly et al., 2006]. Part of

Figure 3. Schematic representation of identified current branches during the summer (southwest)
monsoon. Current branches indicated (see also Figure 4) are the South Equatorial Current (SEC), South
Equatorial Countercurrent (SECC), Northeast and Southeast Madagascar Current (NEMC and SEMC),
East African Coastal Current (EACC), Somali Current (SC), Southern Gyre (SG) and Great Whirl (GW)
and associated upwelling wedges (green shades), Southwest and Northeast Monsoon Currents (SMC and
NMC), South Java Current (SJC), East Gyral Current (EGC), and Leeuwin Current (LC). The subsurface
return flow of the supergyre is shown in magenta. Depth contours shown are for 1000 m and 3000 m
(grey). Updated representations are from SMC01; red vectors (Me) show directions of meridional Ekman
transports. ITF indicates Indonesian Throughflow.
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the SEMC may also retroflect to supply the northeastward

flow east of Madagascar (see below).

[14] Since the publication of SMC01, the transport

through the Mozambique Channel has emerged as a major

thoroughfare of tropical/subtropical exchange. Its mean

transport has been estimated at 17 Sv from a multiyear

moored array [de Ruijter et al., 2002], and a similar value

was obtained in hydrographic section analysis [Donohue

and Toole, 2003], in agreement with earlier inverse model

results of 15 ± 5 Sv [Ganachaud et al., 2000]. The transport

is not carried by a quasi-laminar boundary current, however,

but rather by migrating anticyclonic eddies (Figure 3). It has

been suggested that after propagating farther southward

along the South African coast, they trigger eddies of the

Agulhas retroflection and thus affect the transfer of IO

waters into the Atlantic [de Ruijter et al., 2002; Penven et

al., 2006].

2.2.1.2. Northeastward and Eastward Flows
[15] Figure 5a presents the mean geostrophic near-

surface circulation of the subtropical IO, based on the

absolute surface topography derived from drifter velocities

and altimetry [Niiler et al., 2003; Maximenko and Niiler,

2005]. Streamlines of the surface geostrophic flow follow

the map contours, indicating that eastward outflow from the

Agulhas retroflection reenters the IO as a broad north-

eastward flow, much of which extends to the west coast of

Australia. Recent studies of ship sections and altimetry,

however, support the existence of a narrow zonal counter-

current across the subtropics from 22 to 26�S, the South

Indian Countercurrent (SICC [Siedler et al., 2006; Palas-

tanga et al., 2007]), which is somewhat at odds with the

zonally slanted absolute surface topography of Figure 5a.

Figure 5b presents a map of near-surface currents from the

SODA–Parallel Ocean Program (POP) 2.0.3 reanalysis

[Carton and Giese, 2008] that seems to reconcile both

concepts. The plotted currents are taken from a depth of

46 m so as to illustrate the geostrophic flow just below the

Ekman layer. On the one hand, it supports the existence of

an intensified zonal eastward flow near 25�S; on the other, it
shows that the band of eastward flow expands latitudinally

to the east, allowing a connection from south of Madagascar

to northwest Australia. The SODA-POP reanalysis also

suggests that the eastward upper layer flow and SICC are

supplied partly by a retroflection of the SEMC and partly

from a source farther to the west. Part of the eastward flow

also recirculates northwestward into the SEC.

[16] Persistent eastward geostrophic flow, the East Gyral

Current (EGC; Figures 3 and 4), was observed near and

north of 20�S in the Perth-Indonesia expendable bathyther-

mograph (XBT) ship sections (World Ocean Circulation

Figure 4. As in Figure 3 but for the winter (northeast) monsoon.
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Figure 5. (a) Mean sea surface topography (cm), based on merged drifter velocities and altimetry
(courtesy N. Maximenko); (b) currents of the SODA–Parallel Ocean Program (POP) 2.0.3 assimilation
model, presented as (m/s)1/2 for better vector visibility (courtesy B. Giese and R. Furue) at 46 m depth,
showing eastward upper layer flow and suggestions of an eastward countercurrent near 25�S; and (c) as in
Figure 5b but for 466 m depth, showing westward midthermocline counterflow across the subtropics.
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Experiment line IX-1) across the ITF regime andwas found to

be strongest at the beginning of the year [Meyers, 1996]. The

EGC is supplied both from the north by recirculation out of

the ITF/SEC (Figures 3 and 5) [see also Domingues et al.,

2007, Figure 11a] and by the aforementioned northeastward

flow that extends to the Agulhas retroflection.

2.2.2. Northern Indian Ocean
2.2.2.1. Summer Monsoon
[17] During the summer monsoon, the SEC and EACC

supply the northward Somali Current. Depending on the

time of the season and driving wind field, the Somali

Current can appear as a set of different cells and gyres

(SMC01). Figure 3 shows the typical situation for the fully

developed summer monsoon. After crossing the equator,

part of the low-latitude Somali Current turns offshore near

4�N, with a cold upwelling wedge on its left shoulder, and

part recirculates across the equator as the ‘‘Southern Gyre.’’

In the north, a second gyre is formed, the ‘‘Great Whirl.’’ A

third gyre, the ‘‘Socotra Eddy,’’ is seen in many summer

monsoons northeast of Socotra (Figure 3). Interestingly, the

upwelling wedges and filaments associated with these

features impact the stability of the atmospheric planetary

boundary layer, significantly affecting the surface wind

stress and heat fluxes [Vecchi et al., 2004]. Elsewhere, the

Southwest Monsoon Current flows eastward south of Sri

Lanka (Figure 3) and then turns northward to bring saltier

Arabian Sea water into the Bay of Bengal [Jensen, 2003].

2.2.2.2. Winter Monsoon
[18] During the winter monsoon, the Somali Current

flows southward. It meets the northward flowing EACC in

a confluence zone from 2 to 4�S, supplying water for the

eastward flowing South Equatorial Countercurrent (SECC,

Figure 4). As shown earlier in the model study of McCreary

et al. [1993], in model particle trajectory studies [Song et

al., 2004, Figure 12], and also in the SODA-POP 2.0.3

reanalysis, the SECC is a feature that exists year round,

except that during the summer monsoon it is subsurface,

masked by overlying westward Ekman currents (see section

2.3). The Northeast Monsoon Current flows westward

across the basin during this season, carrying fresher Bay of

Bengal water into the Arabian Sea. As model studies have

suggested, Bay of Bengal water is also transported across

the equator in the eastern basin during this season [Han and

McCreary, 2001; Jensen, 2003].

2.2.3. Equatorial Regime
[19] A remarkable IO phenomenon is the occurrence of

strong eastward surface jets during the intermonsoon peri-

ods, commonly referred to as Wyrtki Jets (WJs). They are

unique to the IO, owing their existence to the semiannual

westerly equatorial winds (Figures 1b and 1d). The WJs are

climatically important because they carry warm upper layer

waters eastward, thereby increasing sea level and mixed

layer thickness in the east and decreasing them in the west.

The WJs reflect from the eastern boundary of the basin as

packets of coastal Kelvin and Rossby waves, thereby

extending their impact well off the equator (section 2.5).

The interaction of reflected equatorial waves with directly

wind-forced waves in generating the seasonal cycle of the

equatorial regime was recently explored by Yuan and Han

[2006], in a comparison of model analysis and observations.

As mentioned in section 2.1, the WJs affect the upwelling

regime off Sumatra, thus impacting IOD preconditioning.

[20] The lack of sustained equatorial easterlies is also the

reason for another IO peculiarity in that an eastward

Equatorial Undercurrent (EUC) exists only during part of

the year, typically February–June when the winds have an

easterly component. The EUC can appear in other seasons

as well but only when anomalous easterlies occur [Reppin et

al., 1999].

2.3. Meridional Overturning Cells

[21] The Pacific and Atlantic oceans each have two

shallow meridional overturning circulations, the northern

and southern subtropical cells (STCs), in which cool surface

water subducts in the subtropics, flows to the equator within

the thermocline, and upwells to the surface in the eastern,

equatorial ocean [Schott et al., 2004]. Because the IO lacks

sustained equatorial easterlies, its primary upwelling regions

are located in off-equatorial regions where the thermocline

is shallow: along the coasts of Somalia and Oman, near the

tip of India, and along the 5–10�S thermocline ridge

(Figures 1a and 6a). These upwellings drive the ascending

branches of the IO’s primary shallow overturning circula-

tions, namely, the CEC and the southern STC.

2.3.1. Cross-Equatorial Cell
[22] The meridional exchange of mass and heat between

the hemispheres occurs predominantly by the CEC, as

identified in both observations [Schott et al., 2002] and

modeling studies [McCreary et al., 1993; Miyama et al.,

2003; Schoenefeldt and Schott, 2006]. Figures 6a and 6b

illustrate its horizontal and vertical structures. At thermo-

cline levels, the CEC connects the SEC with the northern

upwelling regions along the western boundary via a

subsurface northward flowing part of the Somali Current.

At the surface, it is closed by southward cross-equatorial

Sverdrup transport in the interior ocean. Water for the CEC

is supplied from three regions in the Southern Hemisphere:

by recirculation within the subtropical gyre, from the

subduction regions of the southeastern subtropics, and by

the ITF (Figure 6a).

[23] A key process that drives the CEC is the mean

southward cross-equatorial Sverdrup transport, determined

by the zonally integrated wind stress curl along the equator.

As noted by Godfrey et al. [2001] andMiyama et al. [2003],

the zonal component of the winds nearly vanishes at the

equator during both monsoons and is roughly proportional

to the distance from the equator on either side (tx / y). This

special wind drives no geostrophic currents, and it follows

that the cross-equatorial Sverdrup transport is equal to the

Ekman drift, tx/f, which is well defined at the equator since

both tx and f vanish there. The magnitude of the CEC is

about 6 Sv [Schott et al., 2002, 2004], and despite its

shallowness, it is the main agent of cross-equatorial heat

transport variability [Schoenefeldt and Schott, 2006].

[24] On the equator, the winds in both monsoon seasons

are directed meridionally and against the Ekman transports,
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Figure 6. (a) Schematic representation of the Indian Ocean cross-equatorial cell (CEC) (light dashed
stream paths for upper layer inflow into subduction zone (blue), dotted for thermocline Somali Current
supply, and solid for Southern Hemisphere thermocline flow) and of the subtropical cell (STC) (heavy
dashed supply route via SECC) along with upwelling zones (green) that participate in the CEC and STC.
See Figure 3 for circulation names (based on Schott et al. [2004]). (b) Mean overturning stream function
(units in Sv) of model used byMiyama et al. [2003] showing southward near-surface warm water flow by
Ekman transports (red vectors), which have to ‘‘dive underneath’’ the equatorial roll, and upwelling
(blue) supplying coastal upwelling regimes off Somalia and Arabia at 5–20�N and open ocean upwelling
at 3–12�S.
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causing a small near-surface equatorial overturning cell, the

equatorial roll (Figure 6b) [Wacongne and Pacanowski,

1996; Miyama et al., 2003]. The roll, however, is almost

entirely confined to the surface-mixed layer and thus does

not impact the oceanic heat budget or climate.

2.3.2. Subtropical Cell
[25] In the southern IO, the upwelling from 5–10�S is

driven by Ekman pumping along the northern edge of the

southeast trade winds (Figure 1). It drives the Southern

Hemispheric STC (Figure 6b), with a magnitude of about

8 Sv [McCreary et al., 1993; Lee, 2004]. As for the CEC,

thermocline water for the STC is supplied by southern

subduction, recirculation, and inflow from the ITF. These

source waters first flow westward across the basin to the

African coast, northward along the coast to about 5�S, and
only then flow to the northern flank of the upwelling region

within a subsurface part of the SECC as schematically

indicated in Figure 6a.

2.3.3. Other Overturning Cells
[26] There are also weak upwelling regions in the eastern

IO, off Sumatra/Java and northwest Australia in the Arafura

Sea [Godfrey and Mansbridge, 2000; SMC01; Du et al.,

2005] (Figure 6a). Both regimes are associated with

overturning cells, the details of which still need further

study. (The Sumatra/Java upwelling strengthens episodi-

cally during IOD events; see section 4.2.2.)

[27] Finally, the IO has a deep overturning circulation,

marked by northward cores below 3500 m along the

meridional ridges and southward return flow from 1000 to

3500 m [Ganachaud et al., 2000]. Since it is climatically

relevant only at very long time scales, we do not consider it

further here.

2.4. Interocean Circulations

[28] The IO is connected to the global circulation through

the Indonesian passages and its open southern boundary.

New evidence, which has become available since SMC01,

has allowed a better quantification of the exchange associ-

ated with both pathways.

2.4.1. Indonesian Throughflow
[29] The ITF transports Pacific waters into the IO, mostly

within the upper ocean (<400 m) and dominantly composed

of North Pacific water from the Mindanao Current [Gordon,

2005]. The ITF transport also has a subsurface core at

intermediate depths, most of which comes from the South

Pacific [Gordon, 2005; McCreary et al., 2007]. In the

Indonesian passages, drastic water mass modifications

occur through tidal mixing and internal wave breaking

[Ffield and Gordon, 1992; Koch-Larrouy et al., 2007],

generating a new water mass, Banda Sea Water, that is

identifiable by a salinity minimum along all of the SEC.

From combined measurements in different passages, the

mean ITF has been estimated to be about 10 Sv [Gordon,

2005]. Some global inverse model studies yield even higher

mean ITF transports, such as 15 ± 4 Sv by Ganachaud et al.

[2000] and 13 ± 2 Sv by Lumpkin and Speer [2007]. There

is a seasonal cycle to the ITF, with maximum (minimum)

outflow in June/July (February) and an amplitude of 3–4 Sv

(SMC01), and interannual variability related to ENSO and

other forcing factors (section 4.1.6).

2.4.2. Supergyre
[30] While in the past, attention has been focused on Indo-

Pacific exchange by the ITF, new observational results from

float trajectories at 1000 m [Davis, 2005] and from high-

resolution hydrographic data sets [Ridgway and Dunn, 2007]

as well as model simulations [Speich et al., 2002, 2007]

indicate that there is also a linkage south of Australia, one

branch of a ‘‘supergyre’’ that connects all three oceans [Cai,

2006]. Figure 7 illustrates the supergyre in a solution to a

numerical model [Speich et al., 2007], plotting Lagrangian

parcel trajectories at various depths. Westward flow in the

supergyre occurs at intermediate depths, with water from the

East Australian Current flowing around South Australia,

then across the IO within a deep part of the subtropical gyre,

and eventually joining the Agulhas Current; farther west, it

extends into the South Atlantic at surface and intermediate

depths. The eastward branch occurs along the northern edge

of the Antarctic Circumpolar Current, with shallower

(deeper) water bending northward to enter the subtropical

gyre of the Indian (Pacific) Ocean. Figure 5c illustrates this

Indo-Pacific linkage in greater detail, showing currents at

466 m from the SODA-POP 2.0.3 reanalysis. There is a

narrow westward current around Tasmania (an extension of

the EAC); broad, weak westward flow south of Australia;

and a well-defined jet off southwest Australia underneath the

eastward flowing extension of the Leeuwin Current

(Figure 5b). In the IO, flow at thermocline level, 200–

700 m, is to the northwest (Figure 5c), passing below

northeastward surface flow (Figures 5a and 5b).

[31] At its most basic level, the supergyre is a Sverdrup

circulation that begins at the west coast of South America

and continues around Australia and Africa because they do

not extend as far south as South America. The Sverdrup

circulation itself (a barotropic response), however, can only

extend due west around Australia (from the tip of Tasmania,

in fact) and so cannot enter the interiors of either the Indian

or Atlantic oceans. For the westward branch of the super-

gyre to join the subtropical gyres in the Indian and Atlantic

oceans, then, there must be considerable ‘‘local’’ baroclinic

forcing south of Australia and in both the Indian and

Atlantic oceans. For example, note in Figure 5c that there

is not an obvious linkage between the strong jets south of

Tasmania and southwest Australia, which points toward the

importance of local forcing south of Australia. Processes

that can drive intermediate flow into the IO are discussed by

Hirst and Godfrey [1993] and McCreary et al. [2007].

2.5. Processes

[32] A number of oceanic and coupled processes can

produce SST anomalies that last long enough to affect

climate. They divide into processes that are primarily

dynamical and thermodynamical in nature.

2.5.1. Dynamical Processes
2.5.1.1. Upwelling and Thermocline Depth
[33] Any change in the upwelling of cool subsurface

water can profoundly affect SST. Such changes can be
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directly forced by the atmosphere, by a modification of the

winds that drive the upwelling. They can also be oceano-

graphically forced by a change in the temperature of the

water that upwells. As noted above, upwelling of cool water

is confined to regions where the thermocline is shallow

(Figures 1 and 6a; section 2.1). Because wind-driven

upwelling is confined near the surface [e.g., McCreary,

1981], typically within the upper 100–200 m, it follows that

a modest change of the thermocline depth can significantly

change the temperature of the water that upwells and hence

impact SST. Upwelling in the 5–10�S band and off Sumatra

are key areas for this process in the IO (sections 2.1 and

4.2.2).

2.5.1.2. Remote Forcing and Waves
[34] Although changes in thermocline depth can be direct-

ly driven by the local winds, they can also be driven remotely

via the propagation of baroclinic waves. Such waves are a

prominent feature of the IO climatological circulation, with

well-known effects on upwelling regions (SMC01). Their

importance lies in the time it takes them to propagate across

the basin (weeks to months), allowing predictability of SST

variations months ahead of time (section 4.5). For example,

consider the ocean’s response to a patch of easterly wind

centered on the equator: After the winds switch on, upwelling

favorable equatorially trapped Kelvin waves radiate into the

eastern ocean, shallowing the thermocline there; they reflect

from the eastern boundary as packets of coastal Kelvin and

Rossby waves, spreading the shallowing well off the equator.

At the same time, downwelling favorable Rossby waves

propagate into the western ocean from the forcing region,

deepening the thermocline there (section 4.2.2). Waves can

also be generated in off-equatorial regions. Consider the

response to forcing by an off-equatorial patch of anticyclonic

(downwelling) Ekman pumping in the eastern ocean. In

response, downwelling favorable Rossby waves radiate from

the forcing region, deepening the thermocline in the western

ocean (section 4.1.2).

[35] The ITF region also serves as a pathway for long

waves to propagate between both oceans. Rossby waves

from the Pacific can propagate through the passages into the

IO with important climatic effects; for example, they can

impact the thermocline depth in the 5–12�S belt, impacting

SST there (section 4.1.2). Similarly, equatorial Kelvin

waves that are generated by zonal wind stress variability

in the equatorial IO can continue as coastal Kelvin waves

into the Indonesian seas to modify the ITF profile and

transport [Wijffels and Meyers, 2004; Iskandar et al., 2005].

(If the Indonesian passages did not exist, these Kelvin

waves would continue down the west Australian coast and

shed midlatitude Rossby waves.) More than half of the

intraseasonal transport variability in the main ITF passage-

way, Makassar Straits, can be explained by the combined

lagged response to the zonal equatorial IO and Pacific winds

(A. Gordon, personal communication, 2006).

Figure 7. Lagrangian pathways of water parcels in global model simulation of Speich et al. [2007].
Colors indicate depths, and numbers are transports (in Sv).
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2.5.1.3. Bjerknes Feedback
[36] Bjerknes [1969] proposed a coupled positive feed-

back process between the ocean and atmosphere that links

all the above processes. Let Dtx, Dhe, Dwe, and DSSTe be

anomalies of zonal wind stress along the equator and of the

thermocline depth, upwelling strength, and SST in the

eastern equatorial ocean, respectively. Then, ‘‘Bjerknes

feedback’’ is the positive interaction loop summarized by

DSSTe ! Dtx ! Dhe and �Dwe ! DSSTe: ð1Þ

The initial change can be either positive or negative, and the

loop can start at any point in the cycle. For example,

suppose that there is an initial decrease in SSTe. Then,

according to (1), the equatorial easterlies, tx, strengthen in

response to a stronger zonal SST gradient, leading to a

shallowing of he by the equatorially trapped wave processes

noted above, strengthened upwelling we, and a further

decrease in SSTe.

2.5.2. Thermodynamic Processes
2.5.2.1. Mixed and Barrier Layers
[37] More subtle, yet also climatically relevant, is the

near-surface stratification of temperature and salinity in

regions of seasonally high precipitation or river discharge,

forming barrier layers. Within a surface layer of quasi-

homogeneous temperature, lighter freshwater on top may

cause a density gradient not recognizable in the temperature

profile, defining a surface ‘‘barrier’’ layer [Godfrey and

Lindstrom, 1989]. Surface heat fluxes are then confined to

these thin layers, warming the ocean more rapidly than

might otherwise be expected. Barrier layers exist west of

India [Shenoi et al., 2004], in the Bay of Bengal

[Vinayachandran et al., 2007], and south of Indonesia

[Qu and Meyers, 2005]. They often went unnoticed during

the times of XBT temperature profiling from commercial

vessels, which formed the bulk of upper layer observations

since the 1970s. Their prevalence has recently become

much more apparent, with the advent of autonomous

Lagrangian profilers [e.g., Davis, 2005] as part of the Array

for Real-Time Geostrophic Oceanography (Argo) project,

which now provide near-global coverage of both tempera-

ture and salinity profiles (section 6.2).

2.5.2.2. Wind-Evaporation-SST Feedback
[38] A prominent thermodynamic interaction that can

lead to positive feedback of the climate system is wind-

evaporation-SST (WES) feedback. Let Dv,Dws, andDE be

anomalies of wind velocity, wind speed, and evaporation,

and let vb be the background wind velocity. Then, WES

feedback is summarized by the loop

DSST ! Dvþ vb ! �Dws ! �DE ! DSSTe: ð2Þ

To illustrate this process, consider an initial meridional SST

dipole anomaly with its positive (negative) pole north

(south) of the equator, a situation that sometimes occurs

in the equatorial Atlantic. Anomalous southerly cross-

equatorial winds develop in response to the SST dipole, and

Coriolis force bends the southerlies to have a westerly

(easterly) component north (south) of the equator. Under

mean easterly conditions (ub < 0) as for the Atlantic trades,

ws and E decrease (increase) north (south) of the equator,

amplifying the SST dipole [Xie and Philander, 1994]. Note

that an essential part of the loop is the connection between

Dv + vb and Dws, which requires that vb interact with Dv in

such a way as to weaken (strengthen) ws in response to a

positive (negative) DSST. In addition, it follows that WES

feedback is likely to be stronger when the mixed layer is

thin, as when there is a barrier layer, thereby allowing SST

to respond more rapidly to anomalous heating by DE.

[39] Off the equator, WES feedback can cause coupled

perturbations to propagate in the north-south direction

(section 3.3 [Xie, 1999]). For simplicity, consider a zonally

uniform band of warm SST north of the equator. An

atmospheric thermal low forms over the band, driving

westerly and easterly wind anomalies on its southern and

northern flanks, respectively. Under mean westerlies, these

wind anomalies strengthen (weaken) surface evaporation

south (north) of the SST anomaly, causing a tendency for

the SST anomaly to propagate northward. Such a situation is

present over the Bay of Bengal during the summer

monsoon, where it appears to enhance northward propaga-

tion of intraseasonal disturbances (section 3.3).

3. INTRASEASONAL VARIABILITY

[40] Several types of atmospheric intraseasonal oscilla-

tions (ISOs) are active in the IO, including eastward

propagating Madden-Julian Oscillations (MJOs), northward

propagating ISOs, and biweekly variability [Chen and

Chen, 1993; Chatterjee and Goswami, 2004; Fukutomi

and Yasunari, 2005]. Perhaps the most well-known type is

the MJO (section 3.1). During the winter, they interact with

the 5–10�S thermocline ridge, generating large SST

anomalies there (section 3.2). During the summer, they

spin off northward propagating ISOs, which impact rainfall

over south Asia from India to the Philippines (Figure 8b;

section 3.3). An extensive literature exists on MJO structure

and dynamics and on atmospheric ISOs in general; see Lau

and Waliser [2005] and Zhang [2005] for recent reviews.

Here we limit our discussion to aspects of ISOs involving

the IO. The ocean itself also exhibits intraseasonal

variability, with biweekly variability being surprisingly

strong in the central and eastern oceans (section 3.4).

3.1. MJOs

3.1.1. Properties
3.1.1.1. Atmosphere
[41] On the basis of analyses of tropical island observa-

tions, Madden and Julian [1972] first reported variability at

periods of 30–60 days. These MJOs proved to be part of a

planetary-scale mode of tropical variability, in which

convection develops over the western tropical IO, propa-

gates slowly eastward across the IO and maritime continent,

and decays east of the international dateline, as schemati-

cally represented in Figure 8a. Associated with the eastward

moving convective center are baroclinic circulations, with
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anomalous easterlies in the lower troposphere east of the

convection and anomalous westerlies west of it, much as

depicted in the Matsuno-Gill model of the atmospheric

response to an isolated heat source [Hendon and Salby,

1994]. These circulations in turn modulate the moisture

field, atmospheric stability, and convection.

3.1.1.2. Ocean
[42] Coherent SST anomalies of 0.2�–0.4�C are observed

to copropagate with MJOs in the tropical Indian and western

Pacific oceans [e.g., Kawamura, 1988]. Variability in

surface heat fluxes, latent heat flux and solar radiation in

particular, is the dominant cause of the coherence, with

typical ranges for surface zonal wind, latent heat flux, and

surface solar radiation of 3–5 m/s, 80 W/m2, and 60 W/m2,

respectively [Shinoda et al., 1998]. East of the convection

center, the anomalous easterlies are superimposed on mean

westerlies, reducing the latent heat loss from the ocean; at

the same time, the suppressed convection increases heating

by solar radiation. As a result, positive SST anomalies tend

to lead MJO convection by about 90� in phase.

3.1.2. Dynamics
[43] The MJO is generally considered to be an intrinsic

mode of atmospheric convection and circulation. While it

seems clear that convection-circulation interactions give rise

to the slow eastward propagation of MJOs (as compared to

the much faster propagation of dry Kelvin waves), overall,

MJO dynamics are still not well understood. One reason

they are not is that MJOs are not well represented in state-

of-the-art general circulation models (GCMs), exhibiting

high sensitivity to physical parameterizations [Slingo et al.,

1996; Lin et al., 2006]. In addition, several recent studies

point toward the importance of coupled processes. For

example, the inclusion of an interactive ocean generally

improves the simulation of MJOs in comparison to their

representation in stand-alone atmospheric GCMs forced by

prescribed SST, with the MJOs displaying a more coherent

Figure 8. (a) Schematic representation of cyclonic (C) and anticyclonic (A) cells associated with the
Madden-Julian Oscillations, showing their development in the Indian Ocean (IO) south of the equator
[from Rui and Wang, 1990]. (b) Regression map for June–September at a lag of 4 days of outgoing
longwave radiation (OLR) (shaded; interval is 3 W m�2, and darkest shade < �9 W m�2) and 850-mbar
wind (vectors; scale at top right) perturbations relative to a �1 standard deviation in OLR in the base
region: 0–5�N, 85–90�E. All data are band-pass filtered to retain periods of 25–80 days prior to forming
the regressions [from Lawrence and Webster, 2002].
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eastward propagation [Inness et al., 2003; Zheng et al.,

2004].

3.2. Wintertime ISOs

3.2.1. Properties
[44] Analyses of the Tropical Rain Measuring Mission

(TRMM) satellite’s microwave imager (TMI) observations

have revealed large intraseasonal SST variability in the 5–

10�S band over the thermocline ridge (Figure 9a) [Harrison

and Vecchi, 2001; Saji et al., 2006b; Duvel and Vialard,

2007]. (High cloudiness associated with active convection

obscures the view of satellite infrared sensors, on which

subseasonal SST observations have traditionally relied.

Nearly free of cloud interference, the TMI has improved the

spatiotemporal sampling of SST observations dramatically

over the cloudy, tropical Indian Ocean.) The anomalies are

nearly zonally uniform, occasionally exceed 3�C over a

large area, and peak during December–March (Figure 9b)

when the Intertropical Convergence Zone (ITCZ) is located

at its southernmost position over the 5–10�S thermocline

ridge and the mean winds are westerly (Figures 1 and 2).

They are accompanied by increased atmospheric convective

activity and westerly wind anomalies (Figure 9a), both

forcings reducing SST over the shallow thermocline.

[45] Recent observations using Argo floats reveal large

variability in the mixed layer depth, which is negatively

correlated with intraseasonal SST anomalies over the trop-

ical South IO (W. Yu, personal communication, 2007).

While one ocean model study indicates that ocean upwell-

ing and entrainment play important roles in SST variability

(G. A. Vecchi, personal communication, 2006), the ocean

GCM study of Duvel et al. [2004] suggests that solar

radiation and latent heat flux variability contributed about

equally to the intraseasonal cooling events in 1999 with

entrainment and advection being of secondary importance.

While it is plausible that horizontal advection is small

because background SST gradients are weak during

December–March on and south of the equator in the

tropical IO, the role of entrainment needs clarification.

3.2.2. Ocean-to-Atmosphere Feedback
[46] The fact that atmospheric anomalies lead SST

anomalies in the 5–10�S band suggests the importance of

Figure 9. (a) Standard deviation of intraseasonal SST (color-shaded, �C) and wind speed (contours,
m s�1) anomalies during DJF superimposed on climatological wind velocity (vectors), (b) longitude-
time section of band-passed (30–90 days) SST anomaly (�C) averaged in 10–5�S during 2000–2003,
and (c) OLR power spectrum (W2 m�4) and SST-OLR coherence squared (shaded) and as a function of
latitude and frequency for data averaged in 60–90�E during DJF [from Saji et al., 2006b].
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atmospheric forcing. Is there any indication that the large

SST anomalies feed back onto the atmospheric MJO? The

power spectrum of outgoing longwave radiation suggests

the existence of two modes of variability: the MJO mode

centered on the equator with a period of 30–50 days and a

‘‘southern mode’’ with largest power between 10�S and the

equator and periods longer than 50 days (Figure 9c). Noting

that the southern mode displays higher coherence with SST

in the tropical South IO, Saji et al. [2006b] hypothesized

that oceanic interactions may have lengthened the time scale

of the southern mode and displaced it southward where the

thermocline is shallow and SST variability is large. More

research with coupled models is necessary to clarify the

mechanisms that drive intraseasonal SST variability in the

5–10�S band and its role in modulating the atmospheric

MJO.

3.3. Summertime ISOs

3.3.1. Properties
3.3.1.1. Atmosphere
[47] During boreal summer (June–September), precipita-

tion anomalies associated with MJOs often exhibit north-

ward propagation, with convection splitting from the MJO

convection in the eastern IO to enter the Bay of Bengal

[e.g., Lawrence and Webster, 2002, Figure 8]. These

northward propagating ISOs are extremely important

climatically, as they bring about active and break rainfall

cycles of the Indian summer monsoon; these cycles last

from a week to a month and are strong enough to impact the

overall seasonal rainfall [Yasunari, 1980; Lawrence and

Webster, 2002; Annamalai and Sperber, 2005].

3.3.1.2. Ocean
[48] Recent observations by moored buoys and the TMI

sensor on the TRMM satellite have revealed large SST

variations in the Bay of Bengal associated with northward

propagating ISOs, with a peak-to-trough range of 2�C or more

[Sengupta et al., 2001; Vecchi and Harrison, 2002; Roxy and

Tanimoto, 2007]. The heavy precipitation generates a thin

barrier layer (section 2.5.2 [Bhat et al., 2001; Webster et al.,

2002]), which strengthens SST variations forced by the

surface heat fluxes. As for the MJOs, SST leads convection

by 90� for northward propagating ISOs, with positive

SST anomalies displaced north of the convection. Using

an ocean GCM, Schiller and Godfrey [2003] found that

surface heat fluxes, latent heat and radiative fluxes in

particular, dominate the mixed layer heat budget on

intraseasonal time scales over the summer Indian Ocean,

with entrainment being locally important over the western

Bay of Bengal.

3.3.2. Dynamics
[49] As for MJOs, northward propagating ISOs appear to

be an intrinsic atmospheric phenomenon in that they can be

simulated in stand-alone atmospheric GCMs, and a number

of atmospheric mechanisms have been proposed for their

existence [e.g., Webster, 1983; Goswami and Shukla, 1984;

Wang and Xie, 1997]. Jiang et al. [2004] recently suggested

that northward propagating ISOs are an unstable mode

caused by summertime vortex tilting due to easterly vertical

shear of the background winds. At the same time, the close

linkage between SST and convection in northward propa-

gating ISOs suggests the possible influence of coupled

processes, and several modeling studies support this idea.

For example, Fu et al. [2003] compared simulations from

both coupled and stand-alone atmospheric GCMs, reporting

a decrease in the spectral power of northward propagating

ISOs by as much as a factor of two in the latter (Figure 10).

Zheng et al. [2004] reported a similar enhancement of

summertime ISOs in their comparison of solutions to

coupled and stand-alone GCMs.

[50] The coupling involves the following processes:

Northward propagating ISOs are associated with a low-

level cyclonic circulation. North of the convection, then,

anomalous easterlies weaken the prevailing westerlies of the

southwest monsoon, reducing surface evaporation and

warming SST. Conversely, anomalous westerlies cool the

SST south of it. The northward displaced positive SST

anomalies create a tendency for the SST-convection couplet

to propagate northward [Vecchi and Harrison, 2002]. This

poleward propagation is characteristic of a coupled mode

undergoing WES feedback in the presence of mean westerly

winds [Xie, 1999] (see the discussion of equation (2)). In

addition, the lack of clouds north of the disturbance helps to

amplify the positive SST anomalies there.

3.3.3. South China Sea
[51] Northward propagating ISOs are not only confined

to the Bay of Bengal but are also found over the South

China Sea, as part of a northwest tilted planetary-scale

banded structure in precipitation (Figure 8b) [Lawrence

and Webster, 2002; Fu et al., 2003]. TMI observations

reveal a strong amplification of ISO-related SST anomalies

there, with a peak-to-trough range of up to 3�C [Xie et al.,

2007], a consequence of wind-induced upwelling on and

east of the east coast of Vietnam. In ISOs, atmospheric

convection generally leads SST by 90�, but over the South

China Sea, the ISO/SST and rainfall anomalies are nearly in

phase, suggestive of a feedback for SST to reinforce local

convective anomalies. Indeed, ISO variances in precipita-

tion, surface wind, and SST all reach a local maximum over

the South China Sea [e.g., Duvel and Vialard, 2007].

3.4. Oceanic Intraseasonal Variability

3.4.1. Current and Sea Surface Height Variability
[52] In addition to SST variability associated with ISOs,

the tropical IO also exhibits pronounced intraseasonal var-

iability in current velocity and sea surface height (SSH)

fields. Early observational and modeling studies indicated

that oceanic intraseasonal variability in the western IO is

mostly caused by instabilities of the Somali Current as it

crosses the equator (SMC01), and more recently, instability

of the Great Whirl was diagnosed [Brandt et al., 2003]. Over

the past decade, observations farther east have shown that a

large amount is also directly wind driven. For example,

buoy observations in the eastern equatorial IO show spectral

peaks at 30–60 days and 2 weeks for zonal and meridional

velocities, respectively [e.g., Sengupta et al., 2001, 2007;

Masumoto et al., 2005], the former likely driven by MJOs
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and the latter likely driven by atmospheric biweekly

variability [Fukutomi and Yasunari, 2005]. Figure 11 shows

the difference in zonal velocity variance (meridional is

similar) between a model simulation driven by daily winds

and a reference run driven by smoothly varying seasonal

climatology, confirming the large contributions of directly

wind-forced ISO variability, particularly in the central and

eastern tropical IO.

3.4.2. Biweekly Variability
[53] The spectral peak of the near-surface equatorial

meridional velocity field is remarkably sharp and strong

in the biweekly band (10–20 days). Sengupta et al. [2001]

first identified this variability to be wind-forced Yanai

waves using a numerical model: Observations of biweekly

meridional velocity were well simulated in a solution forced

by daily winds, whereas they were absent in a solution

forced by climatological winds. At the same time, oceanic

biweekly variability has a much sharper spectral peak than

the winds that force it, pointing toward the importance of

oceanic processes. Because atmospheric biweekly varia-

bility propagates westward, Sengupta et al. [2001, 2004]

hypothesized that the sharper oceanic peak resulted from

resonance. Miyama et al. [2006] used a hierarchy of ocean

models to study the dynamics of biweekly variability in

detail, providing a precise definition of the resonance based

on the propagation properties of Yanai waves and also

noting the importance of remote forcing, vertical mixing,

and vertical propagation in sharpening the oceanic response.

3.4.3. Ninety-Day Variability
[54] Han [2005] reported a prominent spectral peak with

a period of 90 days in sea level data. On the basis of

solutions to a hierarchy of models, she suggested that the

peak resulted from the resonant response of an IO basin

mode to wind forcing: The basin size and stratification of

the IO are such that resonant modes may be excited at 90

and 180 days [Jensen, 1993; Han et al., 1999; Yuan and

Han, 2006]. The 180-day resonance is generated by the

strong semiannual winds in the tropical IO. Regarding the

90-day peak, the resonance is rather broad and cannot in

itself explain the peak’s sharpness; it is likely, then, that it is

forced by weak 90-day component in the climatological

winds, with the ocean’s response to this narrowband forcing

amplified by the broad resonance.

3.4.4. Variability off Java and Sumatra
[55] Intraseasonal variability of SSH and mixed layer

depth is also very active off Sumatra and Java. Potemra

et al. [2002] and Wijffels and Meyers [2004] identified

intraseasonal Kelvin waves forced by zonal wind anomalies

Figure 10. Wave number–frequency spectrum (a) from the coupled run and (b) the difference between
the coupled run and the stand-alone atmospheric run. The contour intervals are 3 and 1 (mm/d)2,
respectively. Yellow (orange) shaded areas in Figure 10b represent the significance larger than 75%
(95%) [from Fu et al., 2003].
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along the equator as the source of SSH variability along the

IO eastern boundary and into the ITF passages. Iskandar et

al. [2005] investigated these relations further, finding two

bands of SSH variability off Sumatra and Java: 20–40 days

during boreal summer and 60–90 days during boreal winter.

They also reported seasonal differences in their generation

mechanisms. In boreal summer, remote forcing by equator-

ial winds is the main source of the shorter-period variance,

whereas local forcing contributes about equally to remote

forcing to the longer-period wintertime fluctuations. On the

basis of a modeling study, Iskandar et al. [2006] concluded

that the longer-period signals were forced mostly by MJOs

at 
60 days and by equatorial winds at 90 days.

3.4.5. Climate Impacts
[56] Aside from its potential importance on MJOs and

northward propagating ISOs, the impact of oceanic intra-

seasonal variability on climate is not known. It is known,

however, that oceanic intraseasonal variability can rectify to

impact mean flows [Waliser et al., 2003; Han et al., 2004]

and to generate interannual variability. For example, the

‘‘Great Whirl’’ (Figure 3) exhibits large interannual

variability. Brandt et al. [2003] showed from observational

analysis that it generates instabilities in the period range of

30–50 days that subsequently develop into free Rossby

waves. Wirth et al. [2002] analyzed a solution to a high-

resolution regional model of the Arabian Sea driven by

Figure 11. Difference in zonal velocity variance (cm2 s�2) between a model run driven by diurnal
winds and a run driven by smooth seasonal climatology [from Sengupta et al., 2001].

Figure 12. November (year 0)–January (year 1) Niño3 SST correlation with SST averaged in the
eastern equatorial Pacific (160–120�W, 5�S–5�N; black), the tropical IO (40–100�E, 20�S–20�N; red),
the southwest IO (50–70�E, 15–5�S; green), and the eastern equatorial IO (90–110�E, 10�S–equator;
blue). The HadSST data set [Rayner et al., 2006] for the 57-year period of 1950–2006 is used.
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climatological winds and also found large interannual

variability of the Great Whirl, attributing it to instabilities.

In a recent model study for the entire IO north of 23�S,
Jochum and Murtugudde [2005] evaluated the eddy kinetic

energy of a model driven by a mean seasonal wind stress

cycle. They confirmed the western IO to be a source of

instabilities that leads to interannual variability; moreover,

they found the entire subtropical ocean in the 10–20�S band

to be a region of large interannual SST variability caused by

instabilities.

4. INTERANNUAL VARIABILITY

[57] Two prominent modes of interannual variability im-

pact the IO, namely, ENSO and the IOD. Here we first review

influences of ENSO in the IO (section 4.1), followed by an

overview of IOD history, basic properties, and generation

mechanisms (section 4.2). Next, we note two other examples

of interannual variability, namely, the Tropical Biennial

Oscillation and subtropical dipole (section 4.3). Then, we

report on the impacts of ENSO- and IOD-induced IO SST

anomalies on regional and remote climate (section 4.4). We

conclude with a discussion of recent efforts to predict IO SST

(section 4.5).

4.1. ENSO

[58] ENSO is the dominant mode of natural climate

variability in the instrumental record. It is characterized

by recurrent warming and cooling of the eastern equatorial

Pacific (El Niño) and changes in the zonal pressure gradient

over the western equatorial Pacific (the Southern Oscilla-

tion) and is phase locked to the annual cycle, with eastern

Figure 13. The spatial structures of the first combined empirical orthogonal function mode for
(a) upper ocean heat content (HC in �C), (b) SST (�C), and (c) wind stress (dyn/cm2) for spring (March,
April, and May) data. The shading in Figure 13c shows the regions of wind stress magnitude larger than
0.1 dyn/cm2 [from Huang and Kinter, 2002].

Figure 14. Annual mean depth of the 20�C isotherm (contours in m) and correlation of its interannual
anomalies with local SST (color shades) [from Xie et al., 2002].
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Pacific SST anomalies developing during boreal summer,

peaking in winter, and decaying in the following spring

(Figure 12). Bjerknes positive feedback (section 2.5.1) is a

key part of its generation; see Philander [1990], McCreary

and Anderson [1991], Neelin et al. [1998], and Wang and

Picaut [2004] for discussions of ENSO dynamics.

[59] During El Niño, atmospheric convection shifts east-

ward and intensifies over the central-to-eastern equatorial

Pacific, resulting in slow anomalous subsidence over the

western Pacific and maritime continent. This large-scale

shift in convection alters atmospheric circulation remotely

in both the tropics and extratropics via atmospheric wave

adjustments often referred to as an ‘‘atmospheric bridge’’

[Alexander et al., 2002; Liu and Alexander, 2007]. In this

section, we describe the IO’s response to this remote forcing

by ENSO.

4.1.1. IO Basin-Wide Warming
[60] The tropical IO gradually warms during an ENSO

year, reaching a maximum during spring (March–May;

Figure 13) about one season after NINO3 SST has peaked

(Figure 12) [Nigam and Shen, 1993; Klein et al., 1999; Liu

and Alexander, 2007]. This SST response is so robust that

it was even captured in earlier analyses of sparse ship

observations. In the empirical orthogonal function analysis

of Weare [1979], the first mode represents a basin-wide

warming over the tropical IO that lags slightly behind El

Niño warming over the Pacific. The composite analysis of

Cadet [1985] referenced to the Southern Oscillation index

reproduces this spatially uniform warming pattern over the

IO. Klein et al. [1999] showed that much of this warming is

caused by ENSO-induced surface changes in surface heat

fluxes, particularly the wind-induced latent heat and cloud-

induced solar radiation fluxes. During El Niño, atmospheric

convection is suppressed over the IO, and the resultant

increase in solar radiation contributes to the IO warming.

[61] During El Niño, tropospheric temperature increases

over the entire tropics [Yulaeva and Wallace, 1994; Sobel et

al., 2002]. Chiang and Sobel [2002] suggested that this

tropospheric warming may directly raise temperature and

humidity in the atmospheric boundary layer over regions of

deep convection. There is observational and modeling

evidence in support of this mechanism over the tropical

Figure 15. (a) Partial correlation of 1000 hPa winds (vectors) and wind curl (colors) with Indian Ocean
Dipole (IOD) index. (b) As Figure 15a but for Niño-3 index. Only correlations significant at 99% level
are shown [from Yu et al., 2005].
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North Atlantic [Saravanan and Chang, 2000; Chikamoto

and Tanimoto, 2005], but further studies are necessary to

corroborate its effect on the IO [Chiang and Lintner, 2005].

4.1.2. SWIO Warming
[62] While El Niño–induced warming covers the entire

tropical IO, the cause of the warming in the tropical

SWIO is different from that in the rest of the basin.

Specifically, Klein et al. [1999] noted that the SWIO

warming cannot be explained by surface fluxes. Indeed,

atmospheric GCMs forced by observed SST in the tropical

Pacific and coupled to a slab mixed layer ocean elsewhere

fail to reproduce the warming [Alexander et al., 2002; Lau

and Nath, 2003], pointing toward the importance of ocean

dynamics (section 2.5.1).

[63] Recall that there is a thermocline ridge from 5 to

10�S in the SWIO, where cool isotherms lie near the surface

(Figure 1; section 2.1). There, thermocline variability

strongly influences SST as manifested in their high corre-

Figure 16. Lead/lag partial correlation for sea surface height anomalies for (left) September, October,
and November (SON)–IOD and (right) October, November, and December (OND)–Niño-3, determined
from output fields of the SODA assimilation model for latitude belts as function of calendar month and
longitude. Only correlations significant at 95% level are shown [from Yu et al., 2005].
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lation (Figure 14). Toward the mature phase of El Niño

(December), a region of anomalous anticyclonic wind stress

curl forms in the tropical southeast IO (Figure 15b), caused

by an atmospheric bridge from the Pacific, an anomaly of

the Walker Circulation. It forces downwelling Rossby

waves in the southeast IO (Figure 16, right) [Perigaud

and Delecluse, 1993; Masumoto and Meyers, 1998;

Chambers et al., 1999], which, after they arrive in the

SWIO several months later, deepen the thermocline ridge

and warm SST there [Xie et al., 2002]. Thus, the SWIO SST

anomalies are largely determined by remotely forced

changes in the depth of the ridge, a result supported by

ocean model studies [Murtugudde and Busalacchi, 1999;

Murtugudde et al., 2000; Behera et al., 2000].

[64] Figure 17 shows correlations of SWIO thermocline

depth, SST, and precipitation anomalies with an ENSO

index. The influence of the thermocline depth on SST is

large, as manifested by their high cross correlation; indeed,

interannual SST forms a local maximum over the ridge

during April–July, with a standard deviation of 0.4�–0.5�C.
Moreover, embedded in a basin-wide warming that peaks in

February–April following El Niño, SST anomalies display

a positive core that copropagates westward with the Rossby

waves (Figures 17a and 17b) [Xie et al., 2002; Huang and

Kinter, 2002; Jury and Huang, 2004; Baquero-Bernal and

Latif, 2005].

[65] The ITCZ is displaced south of the equator during

boreal winter, covering the 5–10�S thermocline ridge

(Figures 1 and 2). Not surprisingly, then, the SWIO warm-

ing also increases atmospheric convection in the region

(Figure 17c), with significant impacts on both local and

remote climate (section 4.4.1).

4.1.3. Eastern Equatorial IO Warming
[66] In contrast to the warming elsewhere, warming in the

eastern equatorial IO (EEIO) is more abrupt, taking place

during October–March only after an earlier cooling episode

(Figure 12). IOD events often co-occur with El Niño,

cooling the EEIO from July to November (section 4.2.2).

Even without an IOD, though, EEIO SST anomalies cool

during the growing El Niño (July–October) in response to

intensified southeasterlies off Java and Sumatra, which are

associated with an anomalous high-pressure system that is

part of the Southern Oscillation (Figure 15b) [Wallace et al.,

1998; Wang et al., 2003]. The strengthened southeasterlies

increase surface evaporation, vertical mixing in the ocean,

and coastal upwelling [Shinoda et al., 2004], cooling the

southeast IO and suppressing atmospheric convection there.

The southeasterlies weaken after October, and the resulting

decreases in coastal upwelling [Murtugudde et al., 2000]

and evaporation, as well as the increased solar radiation due

to suppressed convective clouds, cause EEIO SST anoma-

lies to switch from negative to positive [Tokinaga and

Tanimoto, 2004]. In response to the anomalous equatorial

easterlies, the thermocline shoals in the EEIO, thinning the

mixed layer and, hence, intensifying the warming.

4.1.4. Asymmetrical Pattern During Boreal Spring
[67] The tropical IO warming often displays significant

distributions in space. The North IO warming weakens as

El Niño decays during boreal spring. Kawamura et al.

[2001] show that the southward SST gradients anchor an

antisymmetrical pattern of atmospheric anomalies during

spring, with northeasterly and southwesterly wind anoma-

lies north and south of the equator, respectively. They

suggest that this antisymmetrical pattern is due to the WES

feedback operating on the easterly climatological winds that

prevail during boreal winter/early spring. Indeed, this

antisymmetrical pattern emerges as the leading mode of

March–May precipitation variability over the tropical IO

from the empirical orthogonal function (EOF) analysis of

Wu et al. [2008]. It features increased (decreased) rainfall

south (north) of the equator and is associated with a

southward increase of SST warming across the equator.

Figure 17. Correlation with eastern Pacific SST during October–December (months 10–12) as a
function of longitude and calendar month: (a) Z20, (b) SST, and (c) precipitation averaged from 12 to
8�S. Shading denotes where correlation exceeds 0.6 with Z20 in Figures 17a and 17b and with SST in
Figure 17c [from Xie et al., 2002].
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Both reduced surface evaporation and the downwelling

Rossby wave are probably important to maintain the

southern warming.

[68] The antisymmetric wind pattern tends to occur at the

decay phase of El Niño. The northeasterly anomalies,

superimposed on the northeast monsoon, weaken the North

IO warming during boreal winter and early spring by inten-

sifying surface evaporation. The antisymmetric wind pattern

persists through early summer, anchored by the SWIO

warming. The same northeasterly wind anomalies north of

the equator turn into a warming mechanism after the onset of

the southwest monsoon, causing a pronounced peak in SST

anomalies over the North Indian Ocean and South China Sea

[Du et al., 2009].

4.1.5. Models
[69] The basin-wide warming following El Niño is

simulated in most coupled GCMs with a lag of 2–4 months

[Venzke et al., 2000], except in models where El Niño is

weak or peaks in the wrong season [Saji et al., 2006a].

Many of the 15 models Saji et al. [2006a] examined have

successfully simulated the ENSO-forced Rossby waves,

which increase the persistence of SST anomalies over the

SWIO. For example, Huang and Shukla [2007] reported

that in their coupled model forced with observed SST in the

tropical Pacific, ENSO-forced Rossby waves exert a

discernible influence on SST and the atmosphere as late

as June–August in the year after ENSO peaks.

[70] Nevertheless, modeling SST anomalies that copro-

pagate with ocean Rossby waves in the SWIO and their

atmospheric effects remains a challenge. Few models cap-

ture the westward propagating SST anomalies [Saji et al.,

2006a]. This deficiency may result from the models’ poor

simulation of ENSO, atmospheric teleconnections from the

Pacific into the IO, or the SWIO thermocline ridge.

Figure 18. IOD pattern during September–November. (a) Regression of 20�C isotherm depth (Z20;
shades in m) and surface wind velocity (m/s) upon the first principal component of Z20 and (b)
correlation of precipitation (shades) and SST (contoured at 0.3, 0.6, and 0.9 with zero omitted and
negative dashed) with the first principal component of Z20 [from Saji et al., 2006a].
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4.1.6. Effect on the ITF
[71] On the basis of repeat XBT sections across the upper

400 m of the throughflow regime during the 1970s to early

1990s it has been reported that the ITF was higher during La

Niñas than during El Niños [Meyers, 1996]. On the other

hand, on the basis of the SODA reanalysis covering the time

period 1958–2001, England and Huang [2005] determined

a rather low correlation between an ENSO index and total

ITF, with the ITF reduction lagging El Niño by 8 months.

More recently, Potemra and Schneider [2007] determined

from both SODA reanalysis and a coupled model solution

that the reason for the overall low ITF-ENSO coherence

was baroclinicity of the ITF transport variability: Transports

in the upper 100 m were mainly caused by interannual

alongshore winds off Sumatra-Java, whereas from 100 to

500 m they were mostly driven by divergent winds between

the equatorial IO and Pacific Ocean.

4.2. IOD Events

[72] As noted above, the easterly trade winds that prevail

over the equatorial Pacific and Atlantic oceans favor

Bjerknes feedback, by shoaling the thermocline in the

eastern equatorial ocean and, hence, allowing the upwelling

of cool subsurface water (section 2.5.1). In contrast, the

annual mean winds over the equatorial IO are weak and

westerly, the thermocline is flat, and there is little or no

upwelling in the EEIO, suggesting that Bjerknes feedback is

not active there. In fact, because of the strong seasonal

variability of the monsoon winds, conditions are favorable

for Bjerknes feedback during the summer and fall, some-

times leading to the development of La Niña–like ocean-

atmospheric anomalies, namely, IOD events (Figure 18).

4.2.1. History
[73] There has been considerable discussion of the air-sea

interaction associated with IOD events in the literature.

Analyzing sparse ship-based surface meteorological obser-

vations for 1954–1976, Reverdin et al. [1986] reported that

an east-west dipole of cloudiness sometimes develops in the

tropical IO during October–November, together with zonal

wind anomalies in the central ocean. Noting further that

cool SST and negative cloudiness anomalies co-occur in the

EEIO, they suggested that the cooling suppresses atmo-

spheric convection, driving easterly anomalies along the

equator as in the Gill [1982] model. Drawing an analogy to

ENSO, they speculated further that the easterlies strengthen

EEIO cooling by shoaling the thermocline there, as in

Bjerknes feedback. Using longer data sets, Hastenrath et al.

[1993] showed that high correlations exist among the zonal

gradients of SST and atmospheric pressure, the equatorial

zonal wind, and East African rainfall. On the basis of XBT

observations, Meyers [1996] reported strong coupling

between the shoaling thermocline and SST cooling off the

south coast of Java in 1994, both phenomena later shown to

be part of a major IOD event [Vinayachandran et al., 1999;

Behera et al., 1999]. In solutions to an ocean model,

Murtugudde and Busalacchi [1999] demonstrated a strong

correlation between thermocline depth and SST off the Java

coast during 1980–1995.

[74] Despite these prior findings, it was not until the

dramatic development of an equatorial cold tongue during

the major 1997 IOD event that the climate community

began to recognize the IOD to be a distinct coupled

ocean-atmosphere phenomenon [Webster et al., 1999; Yu

and Rienecker, 1999; Murtugudde et al., 2000]. On the

basis of a synthesis of 40 years of observations, Saji et al.

[1999] clearly illustrated the remarkable covariability of

near-equatorial SST, atmospheric convection, and winds

during IOD events, providing strong support for Bjerknes

feedback as a key process.

4.2.2. Properties
4.2.2.1. Observations
[75] IOD events develop in June and peak in October

[Saji et al., 1999], a seasonality that itself suggests the

Figure 19. Distance-time section of climatological wind stress vectors (N/m2) and root-mean-square
interannual variance of SST (contours; shade > 0.7�C) along the equator and the Indonesia coast (east of
97�E). Along Indonesia, the alongshore (across-shore) wind component is given by the horizontal
(vertical) component of the vector [from Xie et al., 2002].
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influence of ocean dynamics. The climatological winds are

southeasterly off the Sumatra coast from April through

October, reaching a peak during the summer at which time

the winds have an easterly component all along the equator

(Figure 19). This forcing favors a shallow thermocline and

upwelling in the EEIO, offering a seasonal window for the

development of Bjerknes feedback and the IOD. Indeed,

major SST variance off the Indonesian coast is confined to

this upwelling season (Figure 19) [Susanto et al., 2001; Xie

et al., 2002]. Shortly thereafter, the intense monsoonal

forcing weakens the southeasterly winds off Sumatra,

closing the window and leading to the rapid termination

of IOD events [e.g., Tokinaga and Tanimoto, 2004].

[76] The typical IOD manifests itself through a zonal

gradient of tropical SST, with cooling off Sumatra and

warming in the western ocean (Figure 18) [Saji et al.,

1999; Saji and Yamagata, 2003]. As the IOD develops

(September–November), an east-west dipole of anomalous

rainfall is established over the tropical IO, with precipitation

increasing in the west because of the low-level convergence

associated with the anomalous equatorial easterlies and vice

versa in the east [Saji et al., 1999; Webster et al., 1999]. The

rainfall dipole is an important element of the air-sea

interaction (Bjerknes feedback) that sustains the IOD.

Easterly wind anomalies blow from the cold/dry EEIO to

the warm/rainy western IO, lifting the thermocline in the

EEIO and amplifying SST cooling there (Figure 18).

[77] Similar to ENSO, downwelling Rossby waves are

generated during IOD (Figure 16, left), both by off-equatorial

anticyclones and by equatorial tx (Figure 15a). A

comparison of IOD and ENSO wind anomalies (Figure 15)

shows that the IOD southern anticyclone is shifted north-

ward, the northern anticyclone is better formed, and

equatorial tx is stronger. These differences are reflected in

Figure 20. (a) SST anomalies 1981–1999 in western (blue) and eastern (red) IO, (b) west-east SST
difference (blue) and zonal equatorial wind stress in central IO (red), and (c) zonal wind stress from
Figure 20b with inverted SOI. Light blue shading indicates occurrence of El Niño events in the Pacific
(reprinted from Feng and Meyers [2003], copyright 2003, with permission from Elsevier).
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the ocean’s response, with IOD-forced (ENSO-forced)

Rossby waves confined largely north (south) of 10�S (Figure

16) [Yu et al., 2005; Rao and Behera, 2005]. In models

without an interactive Pacific and hence ENSO, SWIO

Rossby waves still exist, forced by IO wind variability

[Baquero-Bernal and Latif, 2005]. The climatic importance

of the IOD Rossby waves is not clear. They do not appear to

provide delayed negative feedback to terminate IOD events,

as similar waves do for ENSO. On the other hand, they have

been hypothesized to provide such feedback for the

generation of the Tropical Biennial Oscillation (section 4.3).

[78] Large sea level anomalies are also associated with

IOD events. Using satellite altimetry, Palastanga et al.

[2006] analyzed the resulting geostrophic anomalies of the

subtropical gyre and western circulation branches. For

positive IOD episodes, such as 1994 and 1997, they

reported a northward extension of the subtropical gyre and a

retreat of the tropical gyre, associated with a weakening of

the western SEC and its extensions, namely, the NEMC,

SEMC, and EACC (Figure 3). For negative IOD events,

such as in 1996 and 1998, the opposite changes occurred. In

the Mozambique Channel, stronger (weaker) southward

flow and eddy activity occurred for positive (negative) IOD

episodes. As the cause of these SWIO circulation

anomalies, Palastanga et al. [2006] suggested a combina-

tion of remotely forced Rossby waves coming in from the

east and forcing by wind stress curl anomalies east of

Madagascar.

4.2.2.2. Models
[79] The identification of the IOD stimulated a flurry of

model studies to simulate the phenomenon. Ocean models

driven by IOD anomalies simulated the oceanic response

well [e.g., Murtugudde et al., 2000]. A number of coupled

model studies have been able to simulate a mode of

variability very much like the IOD, with upwelling and

strong cooling in the EEIO, weak warming and suppressed

convection in the western equatorial ocean, and equatorial

easterlies (Figure 18) [Iizuka et al., 2000; Baquero-Bernal et

al., 2002; Yu et al., 2002; Loschnigg et al., 2003; Gualdi et

al., 2003; Lau and Nath, 2004; Fischer et al., 2005; Spencer

et al., 2005; Behera et al., 2006]. The EEIO cooling is

generally most intense south of the equator off the Sumatra

coast in the coupled models and displays a realistic

seasonality with large variance during August to December

[Saji et al., 2006a]. The good agreement indicates that

coastal/equatorial upwelling is a key to EEIO SST variability

and the generation of IOD in the models and that the

Bjerknes feedback is at work.

4.2.3. Generation
[80] Two issues concerning the generation mechanisms of

IOD have been debated extensively. One is whether the IOD

really is a dipole or is rather more accurately described as an

eastern ocean ‘‘monopole.’’ The other is whether it is in fact

an independent climatic mode or rather is simply an aspect

of ENSO [e.g., Allan et al., 2001; Yamagata et al., 2004;

Chang et al., 2006].

4.2.3.1. Dipole Versus Monopole
[81] Figure 20a shows SST anomalies for the western and

eastern IO during 1981–2000 [Feng and Meyers, 2003].

Not very often do the eastern and western SST curves show

antiphase; indeed, the overall correlation between them is

positive. Nevertheless, there is a tendency for the two poles

to have opposite signs during IOD events. This paradox

appears because of the IOD’s strong seasonality: IOD

events take place during June–November, whereas the

basin-scale warming following an El Niño dominates during

the rest of the year.

Figure 21. Seasonal cycles (heavy solid) with interannual variability (1 standard deviation, shaded) of
SST and anomalies during IOD episodes (light solid) for (a) western IO and (b) eastern IO. (c) As Figures
21a and 21b but for zonal wind on equator at 85�E [from Saji and Yamagata, 2003].
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[82] Figures 21a and 21b show SST annual cycles from

climatology (thick curves) and during IOD events (thin

curves) in the western and eastern IO, respectively, and

the western warming and eastern cooling after July is

evident. On the other hand, SST variability associated with

IOD events is weaker in the west than the east, the western

SST anomalies lying within one standard deviation of the

overall interannual variance (shading) and the eastern

anomalies outside that range. Thus, although IOD events

do exhibit an SST dipole, they are dominated by the eastern

pole, for which ocean upwelling is an important process.

[83] The equatorial winds (a key measure of the IOD) are

expected to respond to the equatorial temperature gradient,

rather than to SST in an individual pole [Behera et al.,

2003]. (It is for this reason that some researchers prefer to

refer to the IOD as the IO Zonal Mode.) Figure 20b shows

curves for the equatorial zonal wind anomalies (Dteq
x ) and

the west-east SST difference along the equator (DTew), and

the correlation between them is very high (0.86), consider-

ably higher than for the western and eastern poles alone. A

comparison of Figures 20a and 20b shows thatDTew is most

often, but not always, determined by its eastern pole.

4.2.3.2. IOD Versus ENSO
[84] In support of the IOD being part of ENSO, IOD and

El Niño episodes are significantly correlated (Figure 20c),

particularly during the IOD mature phase (September–

November); moreover, several recent IOD and ENSO

events occurred simultaneously, most prominently in 1997

(Figures 20 and 22). Not all IOD events, however, co-occur

with ENSO. For example, the strong IOD in 1994 occurred

in a year with a very weak ENSO (Figure 22), and one of

the largest IOD events on record happened in 1961, also a

non-ENSO year. Analyzing observations from 1958 to

1997, Saji and Yamagata [2003] concluded that 11 out of

the 19 episodes identified as moderate to strong IOD events

occurred independently of ENSO. Similarly, Meyers et al.

[2007] concluded that from 1876 to 1999, about half of the

IOD events were independent from ENSO. Consistent with

these results, the correlation between IO equatorial winds

and an ENSO index (Figure 20c) is significantly less than

Figure 22. (a) Normalized time series of November–January SST averaged in the eastern equatorial
Pacific (Niño-3.4 index, 160–120�W, 5�S–5�N; red) and the August–October IOD index (50–70�E,
10�S–10�N minus 90–110�E, 10�S–equator), based on the HadSST data set. The standard deviations
are 1.06 and 0.42�C, respectively. (b) SST standard deviations (�C) in the western (red) and eastern (blue)
boxes of the IOD index in 11-year sliding windows. (c) Correlation of the IOD and El Niño Southern
Oscillation indices in 11-year sliding windows.
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that between the winds and DTew (Figure 20b). In addition,

Figure 21c plots the annual cycles of IO equatorial winds

from climatology (thick curve) and during IOD (thin curve),

and during the fall the latter lies well outside the range of

total interannual variability (shading).

[85] A recent analysis of IO SSTanomalies associated with

ENSO and IOD events was carried out by Nagura and Konda

[2007], on the basis of observed SSTand National Centers for

Environmental Prediction (NCEP) reanalysis. They found that

IODdevelopment depends on the seasonal switch fromneutral

or La Niña conditions in the Pacific to El Niño: IOD

development is favored if this switch occurs from spring to

summer; if La Niña conditions continue or El Niño does not

develop until fall, an IOD event will not occur.

[86] Results from coupled models are mixed concerning the

strength of the ENSO/IOD relationship. In many models, IOD

tends to co-occur with El Niño [Baquero-Bernal et al., 2002;

Yu and Lau, 2004; Loschnigg et al., 2003; Lau and Nath,

2004; Fischer et al., 2005]. Saji et al. [2006a] examined the

relationship in the 15 coupled models that participated in the

Intergovernmental Panel on Climate Change (IPCC) Fourth

Assessment Report (AR4). They reported that there is a

large spread of simulated Z20 in the EEIO, ranging from 80

to 150 m as compared to the observed value of 110 m, and

that the IOD–El Niño correlation tends to be high in

solutions with a deeper thermocline off Sumatra. (The cause

of this spread is unclear, but it likely results from differences

in the parameterization of vertical mixing among the

models.) Saji et al. [2006a] speculated that the Bjerknes

feedback is stronger in models with a shallow Sumatra

thermocline and that therefore IOD is more likely to occur

independent of ENSO.

[87] In some models, the IOD becomes the dominant mode

of climate variability when the Pacific Ocean is decoupled by

prescribing the climatological SST there [Baquero-Bernal et

al., 2002; Yu and Lau, 2004; Fischer et al., 2005; Behera et

al., 2006], and its spatial structure is largely unchanged

compared to solutions with an interactive Pacific. In the

Fischer et al. [2005] model, the IOD is generated within the

IO region by stronger austral summer winds and related

cooler SSTs. On the other hand, atmospheric anomalies

dissipate quickly during December–February following

IOD in Pacific decoupled runs without a lingering basin-

wide warming, as compared to the runs with an interactive

Pacific [Fischer et al., 2005; Behera et al., 2006].

[88] Overall, results from both observations and models

suggest to us that the IOD is a natural mode of the IO

coupled system, which either can be externally triggered, by

ENSO, for example, or can self-generate, provided the

thermocline off Sumatra is shallow enough to support

Bjerknes feedback. The IOD is weak in most years, likely

because the Sumatra thermocline is too deep, a property that

appears to vary on decadal time scales (section 5.3).

4.3. Other Modes

4.3.1. Tropical Biennial Oscillation
[89] Interannual rainfall variability over the Asian-

Australian monsoon region displays a biennial tendency,

the Tropical Biennial Oscillation (TBO), with above-normal

years often followed by below-normal years (see Meehl and

Arblaster [2002] for a recent overview). Furthermore, a year

with above-normal summer rainfall over India is often

followed a season later by above-normal rainfall during

December–February over the Australian monsoon region.

Similarly, Feng and Meyers [2003] reported a biennial

tendency in sea level variability over the equatorial IO from

decade-long satellite observations. Meridional heat transport

in a 40-year ocean model simulation driven by the NCEP–

National Center for Atmospheric Research reanalysis of

Chirokova and Webster [2006] also showed a broadband

biennial signal. These properties resemble the quasi-biennial

oscillation identified by Tourre and White [2003] in spatially

coherent IO sea level pressure and SST patterns propagating

northward and eastward from the SWIO, its amplitude waxing

and waning with the decadal modulation of ENSO.

[90] The cause of the TBO is not clear. As for the IOD,

some researchers have suggested that it is an independent

coupled climate mode in its own right [Chang and Li,

2000], whereas other researchers suggested that it is a

forced disturbance in response to ENSO or IOD events.

Concerning the ENSO-TBO relation, Yu et al. [2003] used

partial-coupling experiments with an atmospheric GCM to

argue that the El Niño suppresses convection of the Indian

and Australian monsoons during June, July, and August

(JJA) (year 0) and December, January, and February (DJF)

(year 1), respectively, via an atmospheric bridge from the

Pacific, whereas the ENSO-induced IO warming during JJA

(year 1) following ENSO causes excessive rainfall through-

out the tropical IO [Yang et al., 2007] and in the Indian

monsoon region [Meehl and Arblaster, 2002]. Thus, weak

Indian and Australian monsoons during ENSO are followed

by a strong Indian monsoon subsequent to the event.

[91] Concerning the IOD-TBO relation, the downwelling

favorable equatorially trapped Rossby waves generated

during an IOD event have been hypothesized to reflect

from the western boundary as equatorial Kelvin waves,

leading to the anomalous deepening of the Sumatran ther-

mocline and, hence, opposite climate anomalies during the

following year [Loschnigg et al., 2003; Meehl et al., 2003;

Li et al., 2003]. In support of the IOD/TBO linkage, IOD

events increase their biennial spectral power in solutions to

coupled models with the Pacific decoupled [Fischer et al.,

2005; Behera et al., 2006].

4.3.2. Subtropical Dipole
[92] During Austral summer a northwestward tilted band

of high SST variance typically develops over the subtropical

South Indian Ocean. Behera and Yamagata [2001] showed

that SST anomalies in the subtropical southeast IO tend to

be out of phase with those in the midlatitude southwest IO,

and this subtropical dipole is associated with wind changes

in the subtropical anticyclonic circulation. Chiodi and

Harrison [2007] found that latent heat flux changes due

to anomalous meridional advection of moisture are

important for the formation of this subtropical SST dipole.

Ocean Rossby waves may also play a role [Hermes and

Reason, 2005].
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[93] The South IO SST dipole is related to southern

African rainfall [e.g., Reason, 2002]. Similarly, England et

al. [2006] identified a correlation between an SST pattern

similar to this SST dipole with southwest Australian

rainfall. There is also evidence that the South IO dipole is

correlated with ENSO [Hermes and Reason, 2005]. Indeed,

the subtropical South IO warming at the peak of El Niño is

reproduced in atmospheric GCMs forced by observed SST

in the tropical Pacific and coupled with an ocean mixed

layer model elsewhere [e.g., Alexander et al., 2002].

4.4. Climatic Impacts of IO SST Anomalies

[94] In sections 4.1 and 4.2, we have described the SST

anomalies that develop in the IO during ENSO and IOD

events. Here we report on their climatic impacts.

4.4.1. ENSO-Related SSTs
4.4.1.1. Indian Ocean
[95] There is growing evidence that the ENSO-induced

basin-wide warming of the tropical IO persists until the

summer following the event (Figure 12), impacting both

local and remote climate. On the basis of atmospheric

models of intermediate complexity, Su et al. [2001] and

Watanabe and Jin [2002] showed that the warming

increases local precipitation anomalies (more precisely,

reduces the decrease of IO rainfall caused by El Niño); the

increased precipitation in turn excites baroclinic waves that

impact the atmosphere remotely. Annamalai et al. [2005c]

and Yang et al. [2007] refer to this feedback as the

‘‘capacitor effect’’: The tropical IO warms in response to El

Niño (the charging process), and this warming then

influences precipitation in the IO and surrounding regions

after El Niño decays (the discharge process). Annamalai et

al. [2005c] emphasize the role of SWIO warming in the

capacitor, as it is maintained by ocean dynamics rather than

surface heat flux (section 4.1.2). The warming in the North

IO also persists for one season after El Niño has dissipated,

sustained by the northeasterly wind anomalies that are in

turn induced by the SWIO warming [Du et al., 2009].

[96] The increased SWIO precipitation following ENSO

(Figure 17c) is associated with an anomalous cyclonic circu-

lation in the lower troposphere in the region (Figure 13),

as well as an increase in the number of tropical cyclones there

[Xie et al., 2002]. The atmospheric response to SWIO SST

anomalies has recently been reproduced in both atmospheric

[Annamalai et al., 2005c] and coupled [Huang and Shukla,

2007] models.

[97] Annamalai et al. [2005c] generalized these findings,

comparing atmospheric GCM solutions forced by ENSO-

related SST anomalies in both the Pacific and Indian oceans

and in each basin separately. They confirmed the high

correlation between precipitation and SST anomalies in the

SWIO. Furthermore, they showed that the persistent SWIO

warming anchors convection south of the equator, delaying

the onset of the south Asian monsoon in May, a result

consistent with the observational studies of Joseph et al.

[1994] and Kawamura et al. [2001]. The SWIO warming

effect on the Indian summer monsoon may also be indirect,

by inducing a north-south asymmetric mode in boreal spring

via WES feedback [Kawamura et al., 2001] and western

Arabian Sea warming [Izumo et al., 2008]. Indeed, western

Arabian Sea SST is a significant predictor for summer

Indian rainfall, together with ENSO and other SST

anomalies in other IO regions [Clark et al., 2000; Vecchi

and Harrison, 2004].

[98] Australian monsoon rainfall (DJF) is negatively

correlated with El Niño. On the basis of coupled model

experiments, Wu et al. [2008] suggested that an actively

coupled IO is key to the ENSO-Australian monsoon

relationship, by increasing the variance of modeled ENSO

and by directly influencing Australian summer rainfall.

4.4.1.2. Pacific Ocean
[99] An anomalous anticyclonic circulation develops over

the tropical northwest Pacific at the mature phase of El Niño

and persists into the following summer [Huang et al., 2004;

Wang et al., 2003]. It is a robust feature associated with El

Niño, with important effects on east Asian climate [Xie et

al., 2003]. While local SST plays a role in maintaining the

northwest Pacific anticyclone [Wang et al., 2000; Lau and

Nath, 2003],Watanabe and Jin [2002] suggested that the IO

warming is instrumental in its onset. Other atmospheric

GCM studies have confirmed the effects of the warming on

local precipitation and the northwest Pacific anticyclone

[Misra, 2004]. Annamalai et al. [2005c] estimated that 50–

60% of the precipitation variability over the maritime

continent and tropical West Pacific is related to SWIO SST

anomalies, through a change of the IO Walker Circulation.

[100] Yang et al. [2007] linked the persistence of the

northwest Pacific anticyclone during the summer after El Niño

has dissipated to the IO warming and the resulting increase in

precipitation over the tropical IO. In their coupled model

experiment, the IO warming suppresses atmospheric convec-

tion over the northwest Pacific, even though SST is

anomalously warm there in response to a weakened southwest

monsoon. Over the South China Sea, the summer SST

warming following El Niño is especially pronounced,

associatedwith decreased local precipitation and theweakened

southwest monsoon [Xie et al., 2003;Wang et al., 2006]. Such

a negative local correlation between SST and precipitation

over summer monsoon regions has been noted byWang et al.

[2004], indicating the importance of remote SST forcing such

as that from the tropical IO.

[101] In atmospheric GCMs, a tropical IO warming in-

deed leads to the formation of an anticyclonic circulation

over the summer northwest Pacific [Wu and Liu, 1995;

Ohba and Ueda, 2006]. Xie et al. [2009] propose the

following mechanism for this IO teleconnection: the IO

warming excites a warm atmospheric Kelvin wave that

propagates into the Pacific. Surface friction induces

subtropical divergence on the northern flank of the Kelvin

wave, suppressing convection and forming a surface

anticyclone with the help of convection-circulation feed-

back. Suppressed convection in the subtropical northwest

Pacific further excites a meridional teleconnection called the

Pacific-Japan pattern [Nitta, 1987; Kosaka and Nakamura,

2006] to affect summer rainfall over eastern China and

Japan.
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[102] In an extension of their SWIO study, Annamalai et

al. [2007] showed that IO SSTs add noticeably to the global

effects of ENSO. Specifically, they found that the Pacific–

North American pattern is more accurately reproduced in

their atmospheric GCM solutions forced by Pacific SSTs

augmented by IO SSTs rather than by Pacific SSTs alone.

Atmospheric circulation anomalies forced by SWIO SST

interact destructively with those forced by Pacific SST

anomalies, reducing this teleconnective activity despite the

strong Pacific forcing.

[103] While most studies examine ENSO-induced SST

anomalies and their feedback on the Pacific, Terray and

Dominiak [2005] suggest that eastern IO SST near Australia

during January–February is a good predictor for the

subsequent ENSO development. The mechanisms for such

an IO triggering of ENSO are unclear, but they speculate

that these SST anomalies may initiate air-sea interaction

over the tropical IO and then influence the Pacific. This IO-

lead correlation is significant only after the mid-1970s.

4.4.2. IOD-Related SSTs
4.4.2.1. Remote Effects
[104] East African rainfall shows two maxima, a main one

during April–June when the climatological ITCZ crosses

the equator and a secondary one in October–December

known as the ‘‘short rains.’’ Traditionally, increased short

rainfall has been attributed to El Niño [Ropelewski and

Halpert, 1987; Hastenrath et al., 1993], but recent empirical

studies show that it is more closely correlated to IOD

events, specifically, the development of an anomalous

westward equatorial SST gradient in the IO [Birkett et al.,

1999; Black et al., 2003; Clark et al., 2003; Saji and

Yamagata, 2003].

[105] During the 1997–1998 IOD/ENSO event, there was

catastrophic flooding in East Africa during the short rain

season. Latif et al. [1999] investigated its cause using an

atmospheric GCM, comparing solutions forced by observed

SST anomalies in both the Indian and Pacific oceans and in

the IO alone. They found that the latter solution yielded

approximately the same rainfall precipitation dipole and

East African rainfall as the former, pointing toward the

essential influence of IO SSTs. Other model studies reported

similar results [Goddard and Graham, 1999; Behera et al.,

2005].

[106] The precipitation dipole during IOD may induce

remote atmospheric circulation changes outside the tropics

via planetary wave adjustment. For example, IOD influen-

ces have been suggested on the Indian [Ashok et al., 2001]

and east Asian [Guan and Yamagata, 2003] summer

monsoons and over the extratropical Southern Hemisphere

[Saji and Yamagata, 2003].

4.4.2.2. Feedback to ENSO
[107] As noted above (section 4.2.3), ENSO strongly

influences IOD events, among other things, providing a

trigger to initiate them. Given the robust changes in atmo-

spheric convection and circulation during IOD, the reverse

question may also be asked: Does the IOD impact ENSO

[Behera and Yamagata, 2003]? Coupled modeling experi-

ments with and without an interactive IO suggest a positive

answer, with NINO3 SST variability increasing in ampli-

tude and period in the latter case [Yu et al., 2002; Wu and

Kirtman, 2004].

[108] Annamalai et al. [2005a] presented observational

evidence that El Niño grows faster during its onset

(September–November) with than without an IOD. To

investigate the cause of the difference, they compared

solutions to an atmospheric GCM forced by a basin-wide

warming and an IOD SST pattern over the tropical IO. The

basin-wide warming forced an atmospheric Kelvin wave

with anomalous easterlies in the western equatorial Pacific,

whereas the IOD SST pattern excited little atmospheric

response east of the maritime continent. Since anomalous

easterlies over the western Pacific provide negative feed-

back to El Niño, the IOD development helps the growth of

El Niño.

[109] There is observational and modeling evidence that

El Niño decays more rapidly following an IOD than in the

case without IOD [Kug and Kang, 2006]. In their coupled

model study, Kug et al. [2006] showed that the rapid

warming in the EEIO after IOD also excites an atmospheric

Kelvin wave that causes Pacific easterlies. These winds

shallow the thermocline in the eastern ocean, hastening the

end of El Niño.

4.4.2.3. IOD-ISO Relation
[110] A relation between the zonal equatorial SST gradi-

ent and ISO activity was documented by Shinoda and Han

[2005], who found strongly reduced submonthly and

slightly reduced 30–90 day activity during IOD years

(Figure 23). Their explanation was that intraseasonal

atmospheric convection is highly suppressed in the eastern

IO during a positive IOD phase, whereas it is enhanced

during a negative phase; in the latter case, intraseasonal

atmospheric convection occurs over the warm water in the

east, causing westward propagating cyclonic atmospheric

circulation anomalies that in turn generate anomalous

westerlies over the EEIO.

[111] In 2006, an interesting interaction between MJOs,

IOD, and Pacific El Niño was observed [McPhaden, 2008].

An IOD caused cool surface waters in the eastern equatorial

IO, which damped the MJOs propagating over it during

boreal fall. As a result, the MJOs had less of an effect in the

western Pacific than they would otherwise have had in the

case with no IOD.

4.5. Prediction

[112] The seasonal prediction of IO climate is still at the

experimental stage, with varied success in predicting phe-

nomena like the basin-wide warming following ENSO,

Rossby waves in the South IO, and the IOD.

4.5.1. ENSO-Induced SSTAs
[113] The long persistence of NINO3 SST and the time

lag of the IO response to ENSO give rise to predictability of

IO SSTs. Indeed, a simple linear regression model with

NINO3 as the sole predictor yields useful prediction of

basin mean SST up to a 6-month lead [Kug et al., 2004].

The long lead (6–12 months) in ENSO prediction boosts IO

predictability and extends the lead of useful prediction by
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more than 6 months [Kug et al., 2004; Luo et al., 2005,

2007].

[114] Because of the robust and slow propagation of

ocean Rossby waves [e.g., Xie et al., 2002], the SWIO is

one of the regions where SST has its highest predictability,

with an anomaly correlation coefficient (ACC) that remains

above 0.6 at a 12-month lead for the 20-year experimental

forecast from 1982 to 2001 [Luo et al., 2005]. SWIO SST is

most predictable during March–May, the time of maximum

thermocline depth variance associated with the arrival of

Figure 23. Variation of the intensity of the submonthly (6–30 days) OLR variability for the area
2.5–12.5�S, 87.5–102.5�E (solid line), and of the inverted dipole mode index (DMI) (dashed line)
during SON. The intensity of OLR variability is measured by standard deviation of the band-pass-
filtered (6–30 day) time series. Time series of the SON means are normalized by their standard
deviations, and the overall means are subtracted [from Shinoda and Han, 2005].

Figure 24. Seasonally stratified anomaly correlation coefficients (ACC) between the observations and
model predictions during 1982–2006 for the SST anomalies in (a) the eastern Indian Ocean (EIO, 90–
110�E, 10�S–0�) and (b) the southwestern region (southwestern IO (SWIO), 50–70�E, 15–5�S).
Contour interval is 0.1, and values above 0.6 are shaded. Skills are calculated on the basis of the time
series of 5-month running mean of both the observations and model hindcasts at each lead time (modified
on the basis of Luo et al. [2005, 2007]).
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oceanic Rossby waves [Xie et al., 2002], with an ACC as

high as 0.7 at 12-month lead (Figure 24b). Similarly, the

ACC minimum around October is associated with a

minimum in thermocline depth variance.

[115] It is interesting to compare the skills of SWIO SST

prediction between the coupled ocean-atmosphere models

of Luo et al. [2005] and Alexander et al. [2002]. The former

uses a dynamical ocean model and predicts Pacific SST in

the coupled GCM, whereas the latter uses a mixed layer

ocean model without wave dynamics and prescribes

observed SST over the tropical Pacific. The high skill of

the former model over the SWIO and the lack thereof in the

latter support the importance of ocean dynamics there.

4.5.2. IOD SSTAs
[116] Coupled GCMs show varied skill in predicting IOD

events. The skills of SST prediction are generally higher

over the western IO than the EEIO [Wajsowicz, 2004, 2005;

Luo et al., 2005, 2007]. Over the EEIO, ACC decays

rapidly, and useful skill is limited to about a 3-month lead

(Figure 24a). Longer-lead forecasts give rise to many false

alarms for EEIO cooling events if the coupled model

features too strong a thermocline feedback [Wajsowicz,

2004]. Furthermore, a winter predictability barrier exists for

EEIO SST with an ACC minimum in December [Luo et al.,

2007] (Figure 24a): In December following IOD, EEIO SST

shows a rapid reversal of sign in December (Figure 12) in

observations as the southeasterly alongshore winds diminish

[Xie et al., 2002; Li et al., 2003; Shinoda et al., 2004;

Tokinaga and Tanimoto, 2004]. There is a tendency for

ACC to recover during spring [Wajsowicz, 2007] because of

El Niño–induced basin warming and/or ocean dynamic

memory.

[117] The short lead for skillful prediction of EEIO SST

appears to be related to the window for IOD development

(June–October), which makes initialization important and

may allow a larger role for atmospheric stochastic forcing by

ISOs. Regarding the major IOD events of 1994 and 1997,

some models predict both at 3-month lead [Wajsowicz, 2004,

2005] and some at only 1-month lead [Luo et al., 2005;

Song et al., 2008]. On the basis of perfect model

predictability experiments, Song et al. [2008] suggest that

there are two types of IOD events, one unpredictable and

one predictable. The former type may be triggered by

weather noise, while the latter is predictable up to three

seasons ahead and features a robust precursor of upper

ocean warming over the central Pacific. A similar precursor

is identified in observations [Annamalai et al., 2003].

[118] The IOD event in 2006 provided an opportunity for

real-time forecast. The EEIO SST began with a rapid

cooling in July, which peaked in September–October when

the average SST change in the box, 90–110�E, 10�S–
equator, was �1.2�C, and decayed rapidly after November.

The dynamical prediction system at the Frontier Research

Center for Global Change in Yokohama, Japan, showed the

first indication of an upcoming IOD event in January 2006

[Luo et al., 2007] and produced a consistent IOD forecast

from May onward (http://www.jamstec.go.jp/frsgc/research/

d1/iod/). This result, along with the ongoing construction of

an IO observing system [Meyers and Boscolo, 2006], gives

hope for skillful operational IO climate predictions in the

future.

4.5.3. Impact of MJOs
[119] The propagation of MJOs from the IO into the

western Pacific has proven to be a major ‘‘spoiler’’ in El

Niño prediction [McPhaden, 2008]. The MJOs can

suddenly interrupt a developing and seemingly predictable

El Niño. Conversely, they can also force Ekman conver-

gence, warming, and downwelling favorable Kelvin waves

in a presumed non-ENSO year, which then suddenly

develops an El Niño. The role of MJOs in modes of IO

variability has not been fully explored.

5. LONGER-TERM VARIABILITY AND TRENDS

[120] In this section, we review observational and mod-

eling evidence on IO variability at decadal and longer time

scales. While there has been a basin-wide warming trend

since the 1950s, the strong regional differences in heat

storage and thermal structure changes require explanations

involving ocean dynamics (section 5.1). The two shallow

overturning cells, CEC and STC, both exhibit decadal

variations, and variability in the ITF transport is likely to

impact IO climate (section 5.2). Another issue is the

variability in the IOD/ENSO relationship, which is strong

during some decades and weak in others (section 5.3).

Finally, the intensification of the Southern Annular Mode

(SAM) over recent decades, which is projected to continue

into the future, is having drastic effects on the South IO

circulation and supergyre (section 5.4).

5.1. IO Warming Trend

5.1.1. Observed SST and Heat Storage Trends
[121] The IO SST warming trend, observed since the

1950s and amounting to about 0.5�C over the past 5

decades, appears to be part of the overall global warming,

but there are some puzzling subbasin-scale features, which

are difficult to explain by surface heating alone. Levitus et

al. [2005] reported that IO heat storage has remained

roughly constant in the upper 700 m in the northern IO over

the past 50 years (Figure 25a) but has exhibited an

increasing trend for the southern IO (Figure 25b); Barnett

et al. [2005] suggested a possible explanation, noting that

there is a hemispheric difference in net heat flux due to

stronger concentrations of aerosols over the northern IO,

which weaken the climate change signal there. Alory et al.

[2007], analyzing a new Indian Ocean Temperature Archive

(IOTA), reported other distinctive regional features: There

was a particularly strong warming trend in the western

subtropical IO from 40 to 50�S, corresponding to an

increase of 1�–2�C over 40 years and extending to 800 m

(Figure 25c); in contrast, the warming from 15�S to 5�N
tended to be trapped above the 20�C isotherm with a

subsurface cooling trend from 100 to 200 m. Such

differences cannot be caused by surface heating; rather,

they must involve shifts of the entire gyral temperature

structure in response to changing dynamical forcing (e.g.,
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winds and across-boundary transports). In a cautionary note

about such trend analyses, Harrison and Carson [2007]

pointed out that the sparse data coverage in the IO,

particularly the southern IO, makes an accurate determina-

tion of heat storage trends problematic. In fact, the IOTA

analysis yields a much lower difference between the North

Indian Ocean and South Indian Ocean heat content changes

(G. Alory, personal communication, 2007).

5.1.2. Heat Flux Dilemma
[122] Concerning surface heating as a cause for the

warming, there still exists a great uncertainty even about

the sign of the net heat flux into or out of some parts of the

IO. This uncertainty is illustrated in Figure 26a, which

shows the zonally averaged net heat fluxes from six

climatologies [Yu et al., 2007]. The latest, and perhaps best

validated climatology, is OAFlux, based on recent buoy-

calibrated bulk formulae for latent and sensible heat fluxes

and on longwave and shortwave radiation measurements

from the International Satellite Cloud Climatology Project

(ISCCP); it differs by as much as 50 W m�2 from other

frequently used climatologies, such as the European Centre

for Medium-Range Weather Forecasts reanalysis or NCEP

1/2 (Figure 26a). As a result, there is a large spread in the

cross-equatorial heat flux among the climatologies, deter-

mined by integrating the net heat fluxes southward from the

northern boundary (Figure 26b), and ocean models even

extend this spread [Godfrey et al., 2007] (section 6.2.2).

[123] Nevertheless, when comparing time series of annual

mean heat fluxes over the past 2 decades, the air-sea flux

climatologies all agree that the net heat flux into the IO has

not increased; rather, it has even slightly decreased during

1988–2000 (on the average by about 4–5 W m�2), al-

though the magnitude of the trends differs among the

products (Figure 26c). This suggests that ocean dynamics

play a role in the IO warming trend. The caveat here is that

the accuracy and duration of these products may not allow

an accurate determination of the trend in surface flux.

Figure 25. Time series 1955–2003 of yearly heat content (1022 J) of upper 700 m for (a) the southern
and (b) the northern Indian Ocean, with vertical bars for ±1 standard deviation of the annual means. Red
lines are the respective trends, and percentages are the variances explained by each trend line (reprinted
from Science [Levitus et al., 2000]). (c) Zonally averaged temperature trends 1960–1999 (color shades)
from new IO temperature archive (IOTA [from Alory et al., 2007]). (d) As Figure 25c but calculated after
shifting mean temperature structure by 0.5� southward. (e) Trends from mean structure of 10
Intergovernmental Panel on Climate Change models.
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5.1.3. Models
[124] A number of modeling studies have investigated the

causes of the IO warming trend. Many coupled GCMs

simulate the warming trend when forced by the observed

history of atmospheric trace gases, aerosols, and land cover

types [Knutson et al., 1999; Hoerling et al., 2004; Barnett et

al., 2005; Alory et al., 2007], and the trend is absent without

anthropogenic forcing [Knutson et al., 2006]. Seemingly

contradictory, however, in the IPCC-AR4 models changes

in net surface heat flux are small (<1 W m�2) during the

steady 20th century warming. Du and Xie [2008] suggested

a solution to the dilemma by decomposing the flux into

greenhouse radiative forcing, atmospheric feedback, and

oceanic Newtonian damping. Increased downward long-

wave radiation triggers the warming, which is then

amplified by the water vapor feedback and atmospheric

adjustments (such as relaxed wind) that reduce surface

evaporation. The resulting SST warming, however,

strengthens evaporative cooling through the Clausius-

Clapeyron effect, and the strengthened cooling then

almost compensates for the increased radiative forcing and

atmospheric feedback so that the net flux remains largely

unchanged.

[125] In their comparison of 10 IPCC-AR4 models, Alory

et al. [2007] concluded that increased Southern Hemisphere

westerlies have strengthened the subtropical gyre, leading to

a pattern in the heat storage trend very similar to the

observations (Figure 25e): The trends of Figures 25c and

25e can be well approximated if the observed mean

temperature structure is shifted just slightly southward by

0.5� (Figure 25d).

5.1.4. Remote Impacts
[126] Models have been used to isolate multidecadal

effects of the IO warming trend on other parts of the globe.

For example, the IO warming forces robust geopotential

height anomalies during the boreal winter in the upper

troposphere, with a strong projection onto the North Atlan-

tic Oscillation and annular modes [Lu et al., 2004; Hoerling

Figure 26. (a) Zonal means of net heat IO fluxes (downward positive in W m�2) from different
climatologies [from Yu et al., 2007]; (b) northward heat transport (in petawatts = 1015 W) of the northern
IO, from same climatologies (courtesy L. Yu); and (c) net heat fluxes for the climatologies over the IO
1988–2000 [from Yu et al., 2007]. Note that meridional heat transport can only be taken equivalent to
ocean heat transport north of about 5�S before Indonesian Throughflow enters the IO (Qnet positive for
heat flux into the ocean).
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et al., 2004]. Positive height anomalies are centered at

40�N/S with large values over the North Pacific and North

Atlantic, but anomalies over the Arctic appear to vary from

one model to another [Hoerling et al., 2004; Lau et al.,

2006; Annamalai et al., 2007]. Hoerling and Kumar [2003]

suggested that both IO warming and a persistent La Niña in

the Pacific caused the prolonged droughts for 1998–2002

over North America, the Mediterranean, and the Middle

East; the La Niña cooling induced extratropical anomalies

that reinforced those caused by the IO warming [Lau et al.,

2006].

[127] Another impact zone is the Sahel, a semiarid belt

bordering the Sahara Desert to the north and wet equatorial

Africa to the south. Sahel precipitation has steadily declined

from 1950 to 1990 [Folland et al., 1986] and only recently

has shown signs of stabilization/recovery. Forced by

observed SST, many atmospheric GCMs reproduce this

drying trend (Figure 27) [Palmer, 1986; Giannini et al.,

2003; Lu and Delworth, 2005; Held et al., 2005; Hoerling

et al., 2006]. Additional experiments suggest that much of

the trends over the Sahel and other parts of Africa is due to

the IO warming [Giannini et al., 2003; Bader and Latif,

2003; Hoerling et al., 2006]. Results from the 20th century

runs of coupled models are mixed [Held et al., 2005;

Hoerling et al., 2006], suggesting that other factors such as

Atlantic SST [Zhang and Delworth, 2006] may also have an

impact.

[128] Increased precipitation in response to the tropical IO

warming trend is a key forcing for the remote responses

noted above. We caution, however, that there still is no solid

observational evidence for such a tropical convective re-

sponse to the warming trend [Deser and Phillips, 2006;

Copsey et al., 2006]. The observational study of Deser et al.

[2004] related interdecadal changes in IO SST to those over

the midlatitude North Pacific.

5.2. CEC and STC Slowdowns

[129] Schoenefeldt and Schott [2006] diagnosed a sig-

nificant slowdown of the CEC (section 2.3) from 1955 to

1990 in the SODA reanalysis [Carton et al., 2000], which is

forced by Comprehensive Ocean-Atmosphere Data Set

wind stress fields. The result of a downward trend in cross-

equatorial Sverdrup transport was a simultaneous decrease

of the northward thermocline flow by the Somali Current, of

the southward shallow upper layer (Ekman/Sverup) return

flow across the equator and of northwestern coastal

upwelling. Somewhat unexpectedly, however, they also

found that the cross-equatorial heat transport was not

affected by this slowdown because the temperature fluxes of

both the northward cold Somali Current and the southward

warm near-surface warm counterflow equally declined,

compensating each other.

[130] A slowdown of the IO STC during 1992–2000 was

reported by Lee [2004]. Evaluating satellite altimetry and

scatterometer winds, he found a decrease of the easterlies

driving STC upwelling at 5–10�S by about 70% and

corresponding downward trend in sea level at 10–15�S in

the SWIO due to reduced southward Ekman transports. The

SWIO sea level reduction in turn was associated with a

decrease of zonal gestrophic pressure gradient and reduced

Figure 27. Observed and modeled rainfall trends. (left) The linear trend from 1950 to 2000 in the
observed annual mean rainfall over land, in mm/month. Blue areas correspond to a trend toward wetter
conditions, and brown areas correspond to a trend toward a drier climate. (right) Linear trend for an
ensemble mean of 10 simulations with an atmospheric general circulation model (GCM) running over
observed sea surface boundary conditions [from Held et al., 2005].
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northward thermocline flow. For the region north of the

equator, however, zonal wind stresses stayed about constant

during 1992–2000, suggesting no decrease of the CEC, in

agreement with the post-1992 results from SODA.

[131] Most recently, a rebound of the IO STC was

documented for the period 2000–2006 [Lee and McPhaden,

2008], with the easterlies at 10�S (and thus southward

Ekman transports) returning to about their level prior to the

decrease during the 1990s. Similarly, satellite altimetry

indicated a reversal of the zonal sea level trend at about

15�S. It had exhibited a slowdown of the northward

geostrophic thermocline STC flow during the 1990s, which

recovered during 2000–2006.

5.3. Decadal IOD Variability and Role of ITF

5.3.1. Decadal IOD Variability
[132] The IOD has displayed decades of strong events in

the 1960s and the 1990s (Figure 22a) [Ashok et al., 2004;

Annamalai et al., 2005b] and was particularly weak in the

1980s (Figure 20). As the variance of SST in the western

and eastern IOD poles shows (Figure 22b), the decadal

variation of IOD amplitude is dominantly determined by the

eastern pole, showing especially high SST variance in the

1990s and 1960s. ENSO also undergoes decadal variations

(Figure 22a) and so does the correlation between ENSO and

IOD (Figure 22c). The correlation, based on sliding 11 year

segments, was low in the 1950s to 1960, had a maximum in

the mid-1970s, and then stayed at a high level.

[133] Using SODA reanalysis and coupled model analy-

sis, Ashok et al. [2004] determined decadal correlations

between the IOD index and thermocline (Z20) depth

variations. They identified a decadal pattern that resembles

the interannual IOD, that is, with extended periods of

shallow thermocline in the east, and concluded that the

decadal variations are not just air-sea interface effects but

that ocean dynamics play a role. Annamalai et al. [2005b]

investigated these changes in a suite of ocean model

experiments. They preconditioned the initial state of the

runs by first forcing the model with idealized easterly

(westerly) winds over the tropical IO, yielding a shallow

(deep) thermocline in the east; then, solutions were obtained

by superimposing observed anomalous winds of past IOD

episodes. They found that only for preconditioning with a

shallow eastern thermocline could IODs develop.

[134] Noting that the EEIO thermocline in their ocean

GCM solutions (Figure 28a), as well as in the SODA

reanalysis (Figure 28b), was generally shallower during

1952–1971 and 1990–1996, they concluded that clustering

of IOD events in those decades resulted from precondition-

ing by the shallow thermocline, thereby favoring Bjerknes

feedback in the IO. They argued further that the precondi-

tioning was related to Pacific decadal variability, both by an

atmospheric bridge and by a slowing ITF.

[135] A corollary of these results is that when the EEIO

thermocline is anomalously deep, the occurrence of IOD

event requires strong triggering by ENSO, which is associ-

ated with alongshore wind anomalies along Sumatra and

Java that force upwelling there (Figure 15b). Thus, there are

more co-occurrences of ENSO and IOD under these con-

ditions, in contrast to the more independent IODs that can

be triggered at times when the EEIO thermocline is

shallow. Indeed, the highest IOD-ENSO correlation occurs

in the early 1970s, when the EEIO mixed layer was deep

(Figures 22b and 28).

[136] A 200-year run of a coupled model was analyzed by

Tozuka et al. [2007] for decadal IO SST variability (in the

9–35 year band), and two leading EOFs were identified: a

basin-wide in-phase warming mode, resembling decadal

ENSO variability (see section 4.1.1), and a decadal dipole

mode, resembling IOD. Closer inspection, though, showed

that this mode was not really decadal but was in fact due to

decadal variations of interannual IOD events.

[137] In IPCC simulations under increased greenhouse

gas forcing, the EEIO thermocline shallows as the equato-

rial westerlies weaken [Vecchi and Soden, 2007; Du and

Xie, 2008]. Indeed, coral records show that SST warming

during the 20th century is weaker in the EEIO than in the

western tropical IO during the IOD season and that the

frequency of IOD occurrence is on the rising trend [Abram

et al., 2008]. Ocean GCM hindcasts forced by atmospheric

reanalysis winds, however, show that the EEIO thermocline

deepens instead from 1961 to 2000 in response to increased

equatorial westerly winds [Trenary and Han, 2008]. Adding

to the confusion, IOD variance remains largely unchanged

in IPCC model projections under increased greenhouse gas

forcing, despite the shoaling thermocline in the EEIO [Ihara

et al., 2009]. Lack of reliable observations prevents a

conclusive determination of spatial patterns of IO changes

for the past century, and sustained observations are

necessary to monitor future changes.

Figure 28. Mixed layer depth in eastern IO (10�S–0�;
90–110�E) in (a) ocean GCM driven by NCEP winds and
(b) SODA assimilation model output. Vertical lines mark
IOD occurrences [from Annamalai et al., 2005b].
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5.3.2. Indonesian Throughflow
[138] The ITF provides an oceanic bridge from the Pacific

to the IO and vice versa which is known to be active at

intraseasonal-to-interannual time scales (sections 2.5.1 and

4.1.6) and potentially has even larger impact at longer time

scales through its impact on IO thermohaline structure.

Besides being generated by thickness anomalies propagat-

ing in from the Pacific, IO variability can also be generated

by across-basin wind stress, and both components are

difficult to keep apart.

[139] A new Pacific wave pathway has been suggested to

affect the ITF and thickness anomalies off northwest Aus-

tralia on decadal time scales, namely, the propagation of

midlatitude Rossby waves from the subtropical North Pa-

cific [Cai et al., 2005a]. On the basis of their evaluation of

the SODA reanalysis and solutions to a coupled model, Shi

et al. [2007] found the northern pathway to be unimportant

(prominent) before (after) 1980, coinciding with periods of

weak (strong) El Niños.

[140] Regarding the described multidecal variations in

coupled models forced by increased greenhouse forcing

during the 20th century studies, Alory et al. [2007] found

a relation between the multidecadal shallow surface

warming and subsurface cooling at 15�S–5�N in the IO

(section 5.1.3) with the strength of the Pacific trade winds

and proposed that advection via the ITF was involved. In

their evaluation of IPCC models, Vecchi and Soden [2007]

found that the EEIO thermocline structure shallowed under

increased greenhouse gas forcing, weakening the zonal sea

level gradient along the equator, and related these changes

to a weakening of the ITF forced by a weaker Pacific

Walker circulation.

5.4. Southern Annular Mode

[141] Over the past 3 decades there has been a strength-

ening of the circumpolar westerlies, as expressed by an

upward trend of the SAM Index [e.g., Kushner et al., 2001].

The observed upward decadal trend in wind forcing has

resulted in a strengthening of the supergyre, at least

regarding its barotropic stream function in a variety of

models [Cai et al., 2005b; Cai and Cowan, 2007]. In

support of these findings, Cai [2006] presented evidence for

a strengthened southward East Australian Current and

southward propagation of lower-latitude Pacific marine

species along the east coast of Australia toward the Tasman

Sea, where these species were formerly not observed.

[142] The Antarctic ozone distribution has been identified

as a major factor in the recent observed SAM strengthening.

Gillett and Thompson [2003], forcing an atmospheric GCM

just with the observed stratospheric ozone depletion, were

able to reproduce the observed SAM development. Model

simulations into the 21st century under greenhouse gas

forcing scenarios predict a further upward trend of SAM,

leading to a further intensification of the supergyre [Cai et

al., 2005b].

[143] The role of ozone depletion in SAM trends and its

effects on the IO needs further study. On the one hand, Cai

and Cowan [2007] find in their IPCC-AR4 model

evaluation that ozone depletion contributed as much to

observed SAM trends over the past 4 decades as Green-

house warming did. On the other hand, Alory et al. [2007]

concluded that coupled models including ozone depletion

do not show differences in IO subtropical warming against

those that do not include ozone. They suggest that

intermodel differences affect IO warming in the models

more than the forcing differences, diluting the cause/effect

chain from wind forcing to Sverdrup function, barotropic

stream function, and then subsurface temperature trends,

especially when all quantities are zonally averaged (G.

Alory, personal communication, 2007).

6. SUMMARY AND CONCLUSIONS

[144] Only a decade ago, the IO was perceived by most

climate scientists to be climatologically passive, essentially

behaving as a slab mixed layer regarding its interaction with

the atmosphere. (The sole exception to this view was the

western Arabian Sea, where summertime Somali upwelling

was known to cool SST locally and, hence, to suppress

atmospheric convection.) Since that time, this perception

has changed profoundly. In this paper, we have reviewed

recent evidence pointing toward the climatic importance of

IO SSTs and the role of ocean dynamics in generating them.

Here we summarize what, in our view, the major recent

discoveries have been and comment on the observational

and modeling challenges that remain.

6.1. Main Research Findings of the Past Decade

[145] Without a doubt, the most influential finding about

IO climate of the past decade is the Indian Ocean Dipole

(IOD). IOD events are identified by cool (warm) SST and

suppressed (enhanced) precipitation anomalies in the east-

ern (western) IO, together with anomalous equatorial east-

erlies (Figure 18). They are seasonally phase locked,

reaching their peak in the fall (Figure 29) when the

thermocline is sufficiently shallow off Sumatra and Java

to allow upwelling of cool subsurface water. About half of

the documented IOD events over the past several decades

occurred independently of ENSO [Meyers et al., 2007].

Figure 29. Seasonality of major interannual IO climate modes.
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[146] ENSO impacts the IO through an atmospheric

bridge, and a major study area has been the mutual

interaction of ENSO and IOD. Associated with the eastward

withdrawal of atmospheric convection over Indonesia at the

beginning of El Niño, anticyclonic wind stress curl occurs

over the tropical southeast IO with alongshore upwelling

favorable winds off Sumatra (Figure 15b). Thus, the sea-

sonal timing of the El Niño onset is crucial for IOD

development (Figure 29). Conversely, IOD events can

impact the life cycle of ENSO, both during its onset and

decay (section 4.4.2.2).

[147] What processes favor IOD development in the

absence of ENSO? First, intraseasonal variations can lift

the thermocline off Sumatra, in particular, upwelling

favorable equatorial Kelvin waves with a 90-day period

[Iskandar et al., 2006]. Second, decadal variability of

eastern thermocline depth (Figure 28) is caused either by an

atmospheric bridge or by the ITF. Third, there are

indications that the Walker circulation is changing under

global warming [Vecchi et al., 2006], shallowing the

thermocline in the east and thus causing quasi-permanent

IOD preconditioning [Vecchi and Soden, 2007].

[148] An important process during El Niño (and IOD)

events is remote forcing of the SWIO through downwelling

favorable off-equatorial Rossby waves, which are caused

by anticyclonic wind stress curl in the east (Figures 15

and 16). The associated mixed layer thickening and SST

warming in the west causes increased cyclogenesis and

precipitation (Figures 14 and 17). El Niño–induced basin-

wide IO warming persists through the following summer

(Figure 29). This ‘‘capacitor effect’’ impacts climate in

the surrounding regions long after El Niño has dissipated

(section 4.4.1).

[149] There have been several recent efforts for the

experimental seasonal prediction of IO SSTs and their

climatic impacts. The El Niño–induced basin-wide IO

warming is now predictable with about a 1-year lead in

coupled models that have skill in predicting ENSO and its

IO teleconnections. Luo et al. [2007] were able to forecast

the 2006 IOD with some success several months in advance.

[150] Intraseasonal variability occurs in both the atmo-

sphere and the ocean, the two often being linked. The MJOs

are perhaps the most well known of the atmospheric ISOs:

During boreal winter, they interact strongly with the 5–

10�S thermocline ridge; during the summer, they spin off

northward propagating ISOs, which bring rainfall to India

and Southeast Asia. Both MJOs and northward propagating

ISOs are believed to be primarily atmospheric phenomena

(they exist in stand-alone atmospheric GCMs), but there is

an increasing recognition that they are also strengthened by

feedbacks from covarying SST anomalies. A major climate

role of the MJOs is that after propagating into the western

Pacific, they can impact the enhancement or demise of

developing ENSO events, bringing uncertainties to ENSO

prediction [McPhaden, 2008].

[151] At decadal-to-interdecadal time scales, trends of

SST and heat storage were reported in recent years, includ-

ing a strong increase of South IO heat storage and the lack

thereof in the North IO (Figure 25a) and decadal changes in

the strengths of the IO’s shallow overturning circulations,

the CEC and the Southern Hemisphere STC (Figure 6). A

puzzling aspect is that despite a robust SST warming, the

net heat flux into the IO has been diagnosed from different

observational data sets to have a slight downward trend

(Figure 26c), although the net flux trend is probably too

small to be detected [Du and Xie, 2008]. The secular IO

warming trend appears to impact remote climate and may be

causing the well-known trend in African rainfall. On the

other hand, models disagree on the high-latitude response to

IO warming, often with conflicting results.

[152] A number of studies have explored the role of the

oceanic bridge via the ITF. At shorter time scales, Kelvin

waves propagate from the IO into the Pacific, and Rossby

waves propagate from the Pacific (both equatorial and off-

equatorial, from the North Pacific) into the IO, while at

ENSO/IOD and longer time scales the preconditioning of

Sumatra upwelling can be set by advection of thermocline

anomalies from the Pacific. Finally, the discovery of the

‘‘supergyre’’ (Figures 5 and 7) [Ridgway and Dunn, 2007]

and its intensification in response the ongoing strengthening

of the Southern Annular Mode foreshadow significant

changes of subtropical circulation and Indo-Pacific ex-

change [Cai and Cowan, 2007].

6.2. Observational and Modeling Challenges

6.2.1. Observational Challenges
6.2.1.1. Satellite Observations
[153] Improved IO observations have been the key to

many of the recent advances in IO climate research. For

example, satellite altimetry has been instrumental for mon-

itoring ocean thermocline adjustments (through the close

relationship between sea level and thermocline depth),

leading to the realization of the importance of dynamics

in IO climate (e.g., Bjerknes feedback, South Indian Ocean

Rossby waves, and wave connections between the Pacific

and Indian oceans). The retention of altimetric satellites on a

permanent basis is therefore of prime importance. Likewise,

continuation of the TMI instrument aboard TRMM, which

led to the discovery of covarying SST anomalies with ISOs

over the Bay of Bengal and elsewhere, is essential.

6.2.1.2. Moored Station Network
[154] Apart from a few mooring sites of the past that were

maintained for 1–2 years (SMC01), time series of subsur-

face structures and currents could only be estimated over

longer time spans from repeat XBT lines reaching back to

the 1980s. Establishing a system of moored stations similar

to the Tropical Atmosphere-Ocean (TAO) array of the

Pacific is pivotal for further success in understanding IO

climate variability and improving predictive skill. Such an

array has been proposed by the Climate Variability and

Predictability (CLIVAR)/Global Ocean Observing System

Indian Ocean Panel [International CLIVAR Project Office,

2006]. The proposed array, named Research Moored Array

for African-Asian-Australian Monsoon Analysis and Pre-

diction [McPhaden et al., 2009], consists of 46 stations

(Figure 30a), covering the equatorial belt (including
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acoustic Doppler current profilers (ADCPs), blue in Figure

30a) and also the important wave guide in the 5–15�S
latitude range (Figure 16). Eight sites have been selected for

deploying flux measurement buoys (brown in Figure 30a),

in order to resolve the discrepancies among existing

products (Figure 26) [Yu and Weller, 2007].

[155] At present, the central and eastern equatorial part of

the array is nearly complete, making about one third of the

proposed network available (Figure 30b). In addition,

regional moored buoy programs have been established east

and west of India (ASEA and BOB in Figure 30a), and a

moored array now covers the Mozambique Channel.

[156] An initial success of the array is the documentation

of the IOD event of fall 2006 [Horii et al., 2008]. At the

90�E moorings (Figure 30b), a subsurface cooling and

westward current anomaly were observed to begin in May

followed by a decrease in SST about 3 months later. Thus,

the array provided a comprehensive database for improved

modeling of that IOD episode.

6.2.1.3. Hydrographic Profile Collection
[157] The coverage of hydrographic measurements in the

IO, particularly in the Southern Hemisphere, has been

sparse until recently. The Argo program of autonomous

floats has developed into an IO success story, expanding the

number of profiles from 628 in 2001 to more than 16,000 in

Figure 30. (a) Moored station network Research Moored Array for African-Asian-Australian Monsoon
Analysis and Prediction, designed for IO climate studies [International CLIVAR Project Office, 2006].
(b) Status of deployed stations and plans in fall 2007 [McPhaden et al., 2009].
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2006 (Figure 31). These profiles provide hydrographic data

in broad regions of the IO where no shipboard observations

are taken. They are also important for determining the near-

surface thermohaline structure in barrier layer regions. Argo

captured the remarkable westward propagation of barrier

layer development in the South IO during the 2006 El Niño/

IOD event as the downwelling Rossby wave lowered the

thermocline by as much as 60 m (J. Chowdary et al.,

Vertical structure of the 2006–07 Rossby wave event in

the southwest Indian Ocean, submitted to Geophysical

Research Letters, 2008).

[158] The continuation of Argo in the IO is essential for

understanding IO climate. The next generation of instru-

ments envisioned will be gliders, which can be programmed

to crisscross current systems and provide simultaneous

hydrographic and current profiles. Such profiling systems

would also be less prone to vandalism than the present

TAO-type moorings with surface buoys are.

6.2.2. Modeling and Reanalysis
6.2.2.1. Ocean Models
[159] One hindrance to progress is that existing models

are deficient in a number of ways. For example, at the

present time, ocean model performance does not appear to

be helpful in deciding whether the larger or the lower

estimate of meridional heat transports of Figure 26b should

be more trustworthy. Godfrey et al. [2007], evaluating a

variety of different models, IO basin and global, found a

mean heat transport of the model group of more than double

the mean obtained when averaging the climatology curves

(Figure 26b). That difference corresponds to a heat flux

difference of about 40 W m�2 for the northern IO. The

authors concluded that the model physics were deficient,

involving spurious convective overturning, numerical mix-

ing, and unrealistic horizontal diffusion. If subsurface

mixing is not adequately parameterized, the simulated

thermocline becomes too thick; this error affects the

temperature of the water that upwells and hence SST.

Among the AR4 models, the EEIO thermocline depth varies

from 85 to 155 m [Saji et al., 2006a]. Part of the model heat

transport shortcomings can also be lack of proper

representation of heat transports carried by ISO-generated

covariances [Halkides et al., 2007].

6.2.2.2. Atmospheric and Coupled Models
[160] Atmospheric and coupled GCMs continue to have

problems in accurately simulating monsoon precipitation

and its intraseasonal and seasonal variations, long-standing

problems stemming from the poor representation of con-

vection-circulation interaction and orographic effects of

narrow mountain ranges. How does air-sea interaction

modulate atmospheric ISOs, and do coupled models im-

prove the prediction of intraseasonal variability?

[161] To the extent that ENSO is an important forcing for

IO variability, it is important to improve ENSO simulations

in coupled GCMs. For example, many models fail to

simulate the observed ENSO seasonality in the IO, with

El Niño peaking in boreal summer in some models instead

of winter as observed. This erroneous seasonality surely

affects the ENSO/IOD relationship in the model. In addi-

tion, while promising progress has been made in predicting

IOD, some models produce too many false alarms for IOD

prediction, whereas others underpredict IOD events. Most

notably, many models failed to predict the 2006 IOD event,

concurrent with a weak El Niño in the Pacific. Regarding

the El Niño–induced IO warming, it remains unclear what

sustains the warming during and after the decay of El Niño,

a question of great practical importance for predicting

summer anomalies over the northwest Pacific and east Asia.

[162] Inconsistencies need to be resolved between model

simulations and observations with regard to how the atmo-

sphere responds to the IO warming trend. Does IO precip-

itation increase in response, and what remote effects does

the local response excite via teleconnections? While cou-

pled models agree that Antarctic ozone depletion would

increase the westerly winds, they disagree on the effect of

this wind increase on the southern IO. What causes these

intermodel differences, and how can they be overcome?

Figure 31. Annual distribution (colors) and number of Array for Real-Time Geostrophic Oceanography
temperature-salinity profiles for 2001–2006 (courtesy M. Ravichandran).
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6.2.2.3. Model-Data Integrations
[163] Assimilating data into models is perhaps the only

approach for obtaining long time series from gappy data,

which is a particularly severe problem in the IO. In this

review, we have mentioned several results from the SODA

reanalysis [Carton et al., 2000] and more recent SODA-

POP development [Carton and Giese, 2008], which are

extensively used by the community. The SODA assimila-

tion technique (optimum interpolation) has the well-known

problem that it can generate density anomalies (jumps) that

lead to fictitious geostrophic currents and Rossby waves in

the ocean. Other assimilation methods, like the four-

dimensional variational (4dVAR) method used by the

Estimating the Climate and Circulation of the Ocean

reanalysis [Stammer et al., 2004], avoid this problem but

introduce others. Much needs to be done to ensure that we

have trustworthy assimilation reanalyses, especially when

they are used to study subtle phenomena like water mass

conversion and subsurface circulations. Another way to use

models to improve the efficiency of observational arrays is

to carry out Observing System Simulation Experiments

[Vecchi and Harrison, 2007]; such studies seek to optimize

the combined scientific return from different network

components, such as moored time series and Argo floats.

APPENDIX A
[164] In Table A1, we list all the acronyms that appear in

the paper.
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